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Microseisms are seismoacoustic waves excited by nonlinear interactions of ocean waves and are
evident in the band 0.1 to 5 Hz in measurements of pressure or displacement spectra from the
deep seafloor. A remarkable uniformity in microseism amplitudes is observed at the seafloor,
despite many orders of magnitude variation in the amplitude of ocean waves overhead. This
paper looks at how a balance is established between the excitation of microseisms under large
source regions and the dissipation of this energy within a waveguide formed by the ocean,
crust, and upper mantle. The excitation functions and dissipation of modes within ocean
models are calculated to determine the “equilibrium microseism spectrum” of displacement or
pressure for which local excitation is balanced by local dissipation. Efficient propagation of
energy within the ocean waveguide also acts to make deep ocean microseism observations

homogeneous.

PACS numbers: 43.30.Ma, 43.30.Nb

INTRODUCTION

The term “microseism™ originally referred to the ever-
present 6- to 8-s noise observed on seismographs worldwide.
This signal is caused by waves at sea, as has been demonstrat-
ed by a plethora of investigations. This paper is concerned
with the microseism signal detected by seismometers and
pressure gauges within the sea and on and under the sea bed.
Longuet-Higgins (1950) first showed how the interaction of
pairs of surface gravity waves propagating in opposite direc-
tions could lead to the excitation of high phase velocity
(acoustic) components. In the nonlinear microseism excita-
tion mechanism, two ocean waves of similar frequency inter-
act to drive an elastic wave at twice the frequency. The mi-
croseism spectrum is therefore intimately related to the
ocean surface wave spectrum. The source function for mi-
croseisms is well understood; a recent review is provided by
Kibblewhite and Wu (1991).

For the most part researchers have been satisfied in
comparing the source function to measurements as though
the measurements were made in an ocean of infinite depth or
above a perfectly absorbing seabed. The rapid rise in elastic
wave velocities with depth below the seafloor establishes an
eficient waveguide within the ocean and crust at microseism
frequencies (0.05 to 5 Hz) so that microseisms from storms
far out at sea are detected on land in the center of the contin-
ents. This paper examines the role of this waveguide in estab-
lishing the microseism spectrum seen at the sea bed.

A description of the microseism spectrum at any point
on the seafloor depends on a description of the ocean wave
spectrum over a large area, since elastic waves propagate
hundreds of kilometers within the ocean-seafloor wave-
guide. The size of this area for any frequency can be predict-
ed from models of propagation of modes within the wave-
guide. Rather than predicting the microseism spectrum at a
site from a detailed description of the ocean wave field at a
single time, one can look to climatological descriptions of the
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ocean wave spectrum over the ocean to predict the “clima-
tology of microseisms™ at a site.

Measurements of pressure or displacement spectra from
the seafloor from different locations, seasons and under dif-
ferent sea states look remarkably similar in shape and ampli-
tude (Fig. 1). There appears to be an “‘equilibrium micro-
seism™ spectrum, and the microseism spectrum seems to
quickly evolve to this equilibrium shape. This paper shows
how this equilibrium shape is established under large source
regions and examines how large a source region must be for
the spectrum to approach the equilibrium spectrum. In ex-
tensive source regions, each mode grows in amplitude until
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FIG. 1. The spectrum of pressure fluctuations from three sites from the
seafloor in the eastern Pacific in the band from 0.002 to 2 Hz. The micro-
seism peak is apparent in each spectrum above 0.1 Hz.
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the rate of excitation is balanced by dissipation. The excita-
tion rate can be nearly uniform over large areas of the ocean
surface because the ocean wave spectrum evolves to a shape
which above some limiting frequency is nearly independent
of wind velocity (for large fetch). The ocean wave spectrum
is sometimes termed ‘“‘saturated” under these conditions,
and one might also use the term for the equilibrium micro-
seism spectrum. The existence of an equilibrium spectrum
simplifies the comparison between ocean wave climatology
and microseism climatology. The universality of the ampli-
tude and shape of the equilibrium spectrum is maintained
over most of the possible range of earth models because the
differences in excitation and dissipation in models of the
deep seafloor are small, on the order of 10 dB.

Analyses of a 3-yr-long record of seafloor noise obtained
from a fixed array of hydrophones (McCreery and Duenne-
bier, 1988; McCreery et al., 1991) show clearly the satura-
tion of the microseism spectrum at frequencies above 1 Hz.
Energy in the band from 1 to 5 Hz was found to be indepen-
dent of wind speed at wind speeds above 10 m/s. The energy
was fixed at a level 10 to 15 dB higher than the energy detect-
ed during intervals of calm winds.

There have been several efforts directed at estimating
the excitation of microseisms in a realistic oceanic wave-
guide. Hasselmann (1963) showed how to predict the am-
plitude of microseisms detected on land associated with seis-
mic surface waves excited by storms at sea for a simple earth
model. Recently, Adair (1985) used waveform modeling
techniques to predict the ocean floor microseism spectrum
but used an unphysical source at the seafloor in his calcula-
tions with a proscribed correlation function at the seafloor.
The result depended on the choice of the correlation func-
tion and the crucial role played by attenuation was ignored.
Schmidt and Kuperman (1988) also use full waveform mod-
eling techniques to calculate the trapping of energy in the
ocean waveguide. They found the amplification of the pres-
sure spectrum in shallow water associated with trapping of
energy in the waveguide could be as great as 30 dB over the
pressure spectrum calculated for an ocean of infinite depth.
Their calculations necessarily ignore teleseismic (remote)
microseisms, and although the earth model used in the paper
was inappropriate for most deep water sites, their results
agree generally with the results presented here. This paper
takes a different approach, focusing on the physical mecha-
nisms associated with the excitation of energy within the
waveguide, and the role of finite source regions.

I. MICROSEISM GENERATION IN AN OCEAN OF
INFINITE DEPTH

The section reviews work on the excitation of micro-
seisms by interaction of opposing wave trains of surface
gravity waves. The mechanism has been investigated by a
multitude of researchers, Kibblewhite and Wu (1991) pro-
vide a recent review of work on this problem. These authors
also discuss and dismiss recent papers disputing wave-wave
interaction as the primary source of microseisms in the band
from 0.1 to 5 Hz. At lower frequencies a different mecha-
nism generates a second microseism peak of lesser amplitude
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centered at about 0.07 Hz. Above § Hz, noise may be genera-
ted by breaking waves ( Duennebier et al., 1986) and by ship-
ping. Only microseisms generated by the wave interaction
mechanism are considered in this paper.

A perturbation analysis is the standard procedure for
calculating the wave—wave interaction mechanism resulting
in microseisms. The equations describing the propagation of
ocean surface waves are nonlinear at second order. The qua-
dratic nonlinearity allows a triad interaction between a pair
of surface gravity waves and a high phase velocity elastic
wave if the two surface gravity waves are of similar frequen-
cy and traveling in nearly opposing directions so that the
difference in wave numbers is small. The frequency of the
elastic wave excited by this mechanism is equal to the sum of
the frequencies of the two surface gravity waves and hence
equal to nearly twice the frequency of the surface waves.
These elastic waves can be described as acoustic waves in the
ocean, but significant energy propagates below the seabed
and waves are more appropriately termed seismoacoustic
waves. The modes associated with the elastic waves can be
variously termed Rayleigh waves, ocean acoustic modes, or
Stoneley waves. Wave—wave interaction can also force waves
which propagate more slowly than acoustic waves in the
ocean. These waves decay evanescently with depth from the
surface, but can be an important component of the micro-
seism signal near the ocean surface.

The ocean wave field can be described by a power spec-
trum of surface élevation in frequency and direction
H(w,0). The wave number is given by the surface gravity
wave dispersion relation. Hasselmann (1963) showed how
the ocean wave spectrum could be used to predict the excita-
tion of microseisms. The microseism excitation is described
as a distributed pressure field just below the free surface with
a wave number and frequency spectrum £(w,k) that under
some approximations can be related to the ocean wave spec-
trum:

) 2w
§(m,k)=p—8;£ f H(%,G)H(%,0+1r)d6, (1
0

where p is the density of seawater. This spectrum is indepen-
dent of wave number, an approximation valid for wave
numbers small compared to wave numbers of surface gravity
waves. Jacobs et al. (1990) have recently investigated the
full wave-number dependence of £ in variously simulated
surface wave fields. They find the approximation of an uni-
form spectrum of pressure in wave number near the sea sur-
face is a poor model for surface wave fields dominated by
highly directional components such as swell from distant
storms, but otherwise not unreasonable. A spectrum that is
white in wave number corresponds to a correlation function
that is a delta function in space coordinates:

(p(x,w)p*(x'\@)) = I j E(wk)e* ™ dk

. = C(0)é(|x —x'|); (2)
2 2T
Clo) = 7282 f H(ﬂ,a) +H(ﬂ 0+ n')dﬁ-
2 o 2 2
3)
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The correlation function is a more convenient description
with the Green’s function techniques used later in this paper.
The delta function is an approximation valid for scales large
compared to the wavelengths of ocean surface waves.

The acoustic wave equation is used to propagate the sig-
nal to depth. At the low frequencies considered here, the
speed of sound can be taken as a constant within the ocean so
that the two solutions for propagation within the ocean be-
come

p=ei(k-x—wt)[aeirz+be—irz]; r= [(a)/a)2_ k2]l/2.

(4)

The evanescent and propagating components correspond to
real and imaginary values of r. For horizontal wave numbers
that are large compared to acoustic wave numbers, the verti-
cal wave number is imaginary and the solution must decay
away from the source at the sea surface. At great depth in the
ocean these components are absent. The usual next step is to
look at the limit of infinite depth and integrate over only
those wave numbers in the source spectrum for which
k <w/a, (over all waves which propagate as acoustic waves
in the ocean; Tyler et al., 1974). The pressure frequency
spectrum deep within the ocean is then

2T po/a

P(w) =f f &(w,k)k dk d6, (5)
o Jo
2 3 pim

P(m)=MJ. H(ﬂ,e)ﬁ(ﬂ,e+n)d9. (6)
2a° o 2 2

Kibblewhite and Wu (1991) describe modifications to the
acoustic wave equation and to the o/« limit, when the effect
of gravity is included. The effect of the evanescent fraction is
apparent in acoustic measurements made near the free sur-
face by a slowly profiling instrument (Cox and Jacobs,
1989). Near the sea surface, waves with wave numbers as
large as order 1/A can generate significant pressure signal at
depth h. Integrating the source spectrum over all wave
numbers k < 1/h leads to an inverse square law with depth
for the variance in the microseism peak in agreement with
the observations.

The frequency spectrum of vertical displacement within
an ocean of infinite depth can also be calculated:

2 pw/a 2 2
(4]

0 plo*

27
W(w) = T f H(ﬂ,e)H(ﬂ,e )de. 7
(w) yorll 5 S 0tT (N

The results from Egs. (6) and (7) will be compared to re-
sults from the mode calculations to estimate the “gain’” with-
in the waveguide, following Schmidt and Kuperman
(1988).

Equations (6) and (7) leave out the problem of the in-
teraction of the acoustic waves with the seabed. The spectra
predicted from these calculations are correct if no energy is
reflected at the seabed. Energy is reflected either at the
seabed or below the seafloor in a vertically stratified model.
At some wave numbers, the phase of the reflected wave will
create a node at the free surface corresponding to the normal
modes of the ocean-seafloor waveguide. The modes are ex-

2143 J. Acoust. Soc. Am., Vol. 92, No. 4, Pt. 1, October 1992

cited much as a resonant oscillator so that after initiation,
each mode grows linearly with time until limited by dissipa-
tion or the extent of the source region (Hasselmann, 1963).

If the pressure field over the entire free surface were
known, the Fourier transform in frequency of the pressure at
the seabed could be calculated from the Fourier transform of
the surface pressure field £(k,») from an equation of the
form:

ﬁ’w)ei(k-x — wt)

dKk, 8
B(k,w) (8)

p(x,w) =

because the problem is linear (Lighthill, 1978). At a given
frequency, discrete values of wave number are associated
with the resonantly forced modes corresponding to the poles
of B. The residues at these poles should depend on the at-
tenuation coefficients of the individual modes. Also in this
equation is a finite response under the source region due to
the nonresonant components of the forcing. In limited re-
gions, (shallow water, closed basins) and during the initial
stages after the onset of the wind, the nonresonant compo-
nents determine the microseism spectrum seen at the sea-
floor because the resonant components grow with time and
fetch. The nonresonate components must decay with dis-
tance outside of the source region. The result for the pressure
spectrum in an ocean of infinite depth [ Eq. (6)] provides an
estimate for the nonresonant (local) pressure component.
This is equivalent to setting B = 1 for k < w/a, correspond-
ing to no reflection at the seafloor and infinite dissipation
within the seafloor. Equation (8) can be used as an estimate
of the nonresonant component of the displacement, if the
seafloor is taken as a fluid layer with the same acoustic veloc-
ity as seawater.

A model of the ocean surface wave spectrum is required
to complete the calculations. In most models, the ocean sur-
face wave spectrum maintains a constant shape under in-
creasing wind (Fig. 2). The amplitude of the spectrum at the
higher frequencies remains nearly invariant, the wave spec-
trum evolves with wind velocity as energy is transferred to
lower frequency, larger amplitude components. Equation
(6) shows the microseism spectrum is directly related to the
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FIG. 2. The wave height spectrum in the Peirson-Moskowitz model for a
fully developed sea under wind velocities of 5, 10, and 15 m/s.
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ocean wave spectrum but with a doubling of frequency asso-
ciated with the quadratic nonlinearity. A saturated shape to
the ocean wave spectrum seems to predict an saturated shape
to the microseism spectrum. However, it will be shown later
that the existence of an apparently saturated spectrum for
microseisms also depends on the properties of the oceanic
waveguide.

There are several commonly used models for the ocean
wave height spectrum. The Pierson and Moskowitz spec-
trum (1964) will be used in this paper since it is a prediction
for a ““fully developed sea.” More recent formulations such
as the JONSWAP spectrum (Hasselmann et al., 1973) pro-
vide a better description of the spectrum in regions of limited
fetch, or for wind events of short duration. The JONSWAP
spectrum more accurately predicts a peaking in the micro-
seism spectrum (an “overshoot’) associated with the lowest
frequency waves in the wind driven component of a develop-
ing ocean wave field. The ocean wave spectrum changes
shape from the very peaked JONSWAP spectrum at the
start of a wind event, to the broader Peirson and Moskowitz
shape under a persistent wind (Donelan et al., 1985). The
ocean wave field evolves toward a fully developed sea state in
less than a day under gale force winds. The difference in the
height of the spectral peak from a “young” to an “old” sea
can be 10 dB, suggesting a nearly 20-dB variation in micro-
seism amplitudes. These changes in spectral shape seem to be
mirrored in measurements of microseisms from the sea floor
(Webb and Cox, 1986).

The Pierson-Moskowitz frequency spectrum is of the
form

H(w) = ag’o ~° exp[ — Blwy,/0)*], (9)

where f=0.74 is a constant and w, = g/ U, where U is the
wind speed at a height of 19.5 m. Recent work has suggested
an @ ~* dependence for the high-frequency tail may be more
accurate (Donelan et al., 1985). The exact form of the wave-
height frequency spectrum is not crucial to this discussion of
microseisms. The two important ingredients are a power law
dependence in frequency at high frequencies with a satu-
rated shape mostly independent of wind speed, and a precipi-

tous drop in spectral levels at frequencies below a well-de-
fined cut-off frequency (Fig. 2).

Some model of the directional spectrum of the ocean
wave field is required to complete the calculation. Since the
generation of microseisms depends on waves traveling in op-
posing directions the shape of the directional spectrum is
crucial. Most acoustic modelers have used a directional de-
pendence of the form

G(6) = L(q) cos?(6/2), (10)

where ¢ depends on frequency and describes the ‘“beam-
width” of the directional spectrum. The factor L is a norma-
lization parameter. Ocean observations can be fit with ¢ val-
ues that vary from about 6 at wave periods near the ocean
wave cutoff to small values at higher frequencies, reflecting a
change in the spectrum from waves dominated by the wind
direction at long periods to a broadly distributed wave field
at higher frequencies (Tyler et al., 1974). Present measure-
ment techniques poorly constrain the shape of the direction-
al spectrum outside of a narrow range of azimuths associated
with the largest waves that propagate with the wind (6 = 0).
However, following virtually all the recent work on micro-
seisms, the directional spectrum will be modeled using Eq.
(10) throughout this paper. The specific model for g( /') is
shown in Fig. 3(a), and is adapted from the measurements
of Tyler et al. (1974). The model is scaled by the frequency
of the spectral peak w,, so that the dependence of beam pa-
rameter on frequency varies with the wind velocity.

The dependence of the microseism frequency spectra
[Egs. (6) and (8)] on the directional spectrum of the ocean
waves can be shown to be

1(q) = f G(6)G(0+ m)df

=jL2(q) cos?(8) cos?(8 + 7)db. (11)

The effect of the variation of beamwidth with frequency in
the model is to reduce the efficiency of microseism genera-
tion by about 10 dB from 5 to 0.1 Hz [Fig. 3(b)]. There are
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FIG. 3. (a) Model for the directional spectrum of ocean waves at wind velocities of 5, 10, and 15 m/s. The beam parameter g as as function of frequency in a
model of the form cos?(8)L(q) is shown. (b) The dependence of the microseism spectrum on the directional spectrum from [Eq. (11)] as a function of

frequency for the three models shown in (a).
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no measurements of sufficient accuracy to constrain the inte-
gral over direction in Eq. (11) with any certainty. It is often
difficult or impossible to resolve small cross-wind and up-
wind components in an ocean wave field dominated by much
larger down-wind directed components. The usual practice
in ocean wave studies is to assume the up-wind component is
zero, and the analysis methods are often designed to mini-
mize the variance in the cross-wind directions (Donelan et
al., 1985). Some methods (such as SAR radar) are com-
pletely unable to discriminate between components 180°
apart [including the Tyler etal. (1974) measurements]. Itis
not likely that measurements of sufficient accuracy to re-
solve this problem will be made soon.

It is possible that steady winds do not drive waves at
sufficiently large angles from the wind direction for the
waves to interact to create microseisms, especially at the
lowest frequencies in the microseism peak. It may be thatit is
the variability of the wind direction that determines the di-
rectional spectrum. Large shifts in wind direction broaden
the wave direction spectrum and generate easily detected,
temporary increases in microseism amplitudes {Webb and
Cox, 1986; Kibblewhite and Ewans, 1985).

Once waves have propagated outside of the source re-
gion, the directional spectrum will depend primarily on the
location of the source compared to the point of observation.
One differentiates between local wind waves and “swell”
from distant sources. The swell component is not expected to
contribute to the generation of microseisms except when
there is energy in the local wind wave spectrum that can
interact with the swell. There is probably a small component
of the ocean surface wave field associated with waves reflect-
ed from coastlines. It is not known whether the interaction of
swell with its reflected component is a significant source of
microseisms.

Figure 4 shows predictions for the pressure spectrum
deep within an acean of infinite depth following Eq. (6) for
fully developed seas under 5-, 10-, and 15-m/s winds. As
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FIG. 4. (Solid line.) The microseism pressure spectrum within an ocean of
infinite depth for wind velocities of 5, 10, and 15 m/s under ocean wave
spectra as shown in Fig. 2 and directional spectra as shown in Fig. 3.
(dashed lines) Microseism pressure spectrum under the ocean wave model
spectrum for a wind of 15 m/s and the directional spectrum model with the
beam parameter set to either O or to 10.
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noted by Webb and Cox (1986) and Kibblewhite and Ewans
(1985), this spectral form can match seafloor observations
of the pressure spectrum to a remarkable extent. To map out
the uncertainty in the predicted spectrum associated with
the uncertainty in the integral in Eq. (6), the results for
directional wave models with the g set to both O (an isotropic
spectrum) and to 10 (a very narrow spectrum) at a wind
velocity of 15 m/s are shown dashed on the figure. Under
veering and unsteady winds the directional spectrum will
tend toward the isotropic case, and the spectrum will move
more toward the upper estimate.

The microseism spectrum is closer to the upper estimate
at higher frequencies for which the ocean wave spectrum is
more isotropic under steady winds. A changing wind direc-
tion should therefore more greatly effect the lower frequen-
cies in the microseism band since the ocean wave directional
spectrum will be more profoundly effected. The variability
of microseisms is expected to be less at higher frequencies
under saturation conditions since the spectrum at higher fre-
quencies will vary less with variations in wind direction. The
work of McCreary and Duennebier (1991) using a long re-
cord of ambient noise near Wake Island in the Northeast
trade winds, seems to demonstrate this prediction. They
found less than 5-dB variation in spectral levels at frequen-
cies above 1 Hz for wind sufficient to establish the saturated
microseism spectrum, with much greater variability at lower
frequencies.

1. RADIATIVE BALANCE EQUATION

Elastic wave velocities increase rapidly within the shal-
low oceanic crust establishing an efficient waveguide for
waves with wavelengths that are comparable to the ocean
depth. The microseism signal detected at a point on the sea-
floor is composed of two parts, one a nonresonant, local
component that involves waves of a broad range of wave-
lengths at a given frequency and the second a component
associated with the bound modes of the ocean-seafloor wave-
guide. This section describes calculations of the modal com-
ponent of the microseism wavefield.

The most common description of the microseism wave-
field is a power spectrum in frequency of the pressure fluctu-
ations or seafloor displacements measured at a point. A
more complete description is the wave number and frequen-
cy spectrum. It is only very recently that experiments have
been devised to measure the wave number and frequency
spectra of microseisms at the seafloor (Webb, 1990, 1991;
Schreiner and Dorman, 1990).

The wave field within an ocean-seafloor waveguide
composed of a vertically stratified stack of plane layers can
include both vertically polarized (P-SV or Rayleigh mode)
and horizontally polarized (SH or Love mode) components.
Excitation at the sea surface can not directly generate SH
polarized modes. While scattering by topography at or be-
low the seaflioor may couple energy into the SH modes, this
component is ignored. Each mode has an unique dispersion
relation, and so the wave-number spectrum for each mode
can be described as a directional spectra a, (6,0). The dis-
placements and stresses at a point within the ocean or below
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the seafloor can be described as a sum over the direction and
frequency spectra of the modes. For example, the vertical
displacement w(t) can be written as

w(x,z,t) = z f f a,(6,0)w,(2)e ®*~* do dé,
(12)

where k, = w/c, [cos(8), sin(8)] is the vector horizontal
wave number of the mode, ¢, is the phase velocity, x is the
vector horizontal coordinate, and z is the depth. The eigen-
functions w, (z) describe the dependence with depth of the
vertical displacement in each mode.

Typically, we are interested in a statistical description of
the wave field. The kinetic energy density spectrum associat-
ed with waves of frequency w propagating in direction 8 for
each mode n can be expressed in terms of the normalized
direction and frequency spectrum:

E, (Bw) =A4,01,,, (13)
where
A'l = <|an|2)

are the power spectra of the normalized mode amplitudes
and

1, =%J-p(u2 + w?)dz

is an integral over depth of the square of the vertical and
horizontal displacements associated with each mode. The
integral is defined this way to follow the notation of Aki and
Richards (1980). The normalized kinetic energy density is
just w* times this integral.

Given the energy spectrum for each mode and hence the
power spectra of mode amplitudes, the power spectrum of
displacement or pressure at a depth z can be calculated. The
vertical displacement frequency spectrum is

W)=Y f w2 (2)A4, (,0)d6. (14)
and the spectrum of pressure fluctuations is
Plw) =Y fpi (2)4,(w,0)do. (15)

where the p, and w, are the eigenfunctions in pressure and
displacement describing the vertical dependence of each
mode. The power spectra of horizontal displacement along
two orthogonal horizontal directions (x,y) are, similarly,

Uw)=3 f u’(2)A4, (0,8) cos*(6)db,
i (16)
U)=Y J- 42 (2)A,(w,0) sin*(6)d6.

The next step is to allow the energy density spectrum of
each mode to be a slowly varying function of location and
time E, = E, (w,0;x,t). The spectrum is expected to vary on
time and distance scales comparable to ocean weather sys-
tems. The spectral balance (radiative transfer) equation for
each mode is
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JE,

+UNE, =S,—-D,+T,.

at
This equation describes the conservation of energy following
a wave packet at group velocity U, effected by a source §S,,,
dissipation D, and with scattering between modes T',. The
source field is also assumed to be a slowly varying function of
position and time. This description of conservation and ex-
changes of energy within a wave field has been a common
component of studies of the evolution of the ocean surface
gravity wave field (see for example, Hasselmann et al.,
1973).

This paper follows the ideas in Hasselmann’s (1963)
paper on the generation of microseisms. Hasselmann was
concerned with estimating the microseism wave field gener-
ated by storms at sea as detected by seismometers on land. A
finite source region (a single storm) S, is shown in Fig. 5.
The source represents a region where ocean waves from a
broad set of directions are present, so that wave-wave inter-
actions can transfer energy from ocean waves to elastic
waves. To estimate the energy propagating toward a site out-
side of the source region from the direction 8 one projects
backward along the ray azimuth through the source region.
Beyond the storm the energy E is zero. The energy as a wave
packet emerges from the storm can be calculated by integrat-
ing the effect of the source along the ray path under the
storm using the radiative transfer equation. If the source
intensity is constant, the energy grows linearly with time or
distance along the ray until effected by dissipation.

The remoteness of site “A” in Fig. 5 from the source
region is a good model for microseisms on land, and in the
ocean at the lowest frequencies in the microseism peak. Only
large (and, hence, rare and usually distant) storms will gen-
erate ocean waves of sufficient period to generate the lowest
frequency microseisms. The seafloor is different from land in
that one is nearly always in the generation region (site “B”,
Fig. 5) for short period microseisms. From this figure, one
can see that the microseism wave energy detected propagat-
ing in any direction will depend on the extent of the source
region in the direction from which the waves originate, so
that measurements obtained at the edge of a stormy region

(17)

FIG. 5. A sketch of two ray paths of propagating seismoacoustic waves
from under a single microseism source region to a site on land (“A”") and to
a site within the source region (“B”").
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should show most of the microseism energy propagating
from the direction of the center of the storm.

There are broad regions of the surface of the ocean
(such as under the trade winds) which experience at least
moderate winds virtually all of the time. These winds in turn
generate fully developed seas of a few meters height with
wave periods of 10 s or longer. Since microseisms are genera-
ted by ocean waves at twice the period, microseisms at fre-
quencies greater than about 0.2 Hz will be excited by a
source which extends over huge regions of the ocean. In the
absence of attenuation, one would expect the amplitude of
microseisms at these frequencies to become very large, as
energy is trapped within the waveguide. This is not what is
observed, rather the microseism spectrum appears to reach a
“saturated” spectrum quickly so that the power spectrum of
displacement or pressure looks very nearly the same every-
where on the deep ocean floor.

There are three ways by which the amplitude of the mi-
croseisms might be limited. (1) If the source region is of
finite extent, then the energy put into the microseisms in the
source region is balanced by radiation out of the source re-
gion. (2) It is possible that the amplitude of the microseisms
might grow to the extent that transfer of energy from surface
gravity waves into elastic waves may become balanced by a
transfer of energy back into surface gravity waves through a
second set of interactions. Microseism displacements appear
to be too small by many orders of magnitude for this to be the
case. (3) The energy put into microseisms is balanced by
dissipation. Included in this mechanism is dissipation that
results from scattering into different modes including body
waves and subsequent dissipation. Obviously, on a global
average, dissipation must eventually always balance excita-
tion. However, what is more interesting, is that for any
source that extends over a large region, the dissipation aver-
aged over the region must balance excitation in the region,
and in a large uniform region, the local dissipation must
balance the local excitation. Thus if one can predict both the
excitation and dissipation of the modes, one can predict the
amplitude of the microseisms as a function of frequency and
as a function of the local surface gravity wave field and the
structure of the seafloor.

In the case of a steady, uniform source region of infinite
extent the energy spectrum must also be uniform. The radia-
tive transfer equation [Eq. (17)] for each mode reduces to

DE"—O S, —D,+T
Dt_ — ~n n n*

The dissipation in each mode is related to the mode “Q”

(18)

Dn (0),6) = ((L)/Q,, )En (wye) (19)
reflecting the fraction of energy lost per radian.

The source region is modeled as a large uniform region,
but within this region there may be small scale heterogene-
ities in structure that scatter energy between modes. If the
density of these scatterers is a slowly varying function then
the scattering between modes can be written in terms of scat-
tering coefficients M, which are functions of the directions
of propagation of pairs of modes. If the scattering heteroge-
neities are isotropic, then the scattering depends only on the
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difference in propagation directions @ — ¢. The total scatter-
ingin amode T, depends on the sum of scattering out of and
into the mode:

2w
T,(0,0) =E,(0,0) ) J M, (0,0 —¢)do
m JO

2
+ ZJ M, . (0,0 —$)E, (0,4)ds.
” (20)

The first term can be written as an extrinsic attenuation
(Kennett, 1990):

2T
b, = ; J(; M, (0,6 —¢)do

so that the total attenuation can be written as a sum of the
intrinsic and extrinsic attenuation:

D, (,0) = (Qi _ b,,)E,, (,0). 1)
Calculating the b,’s is far beyond the range of this paper.
The second term in Eq. (20) is equally difficult, however, in
general, it appears that usually a single mode may dominate
the microseism wave field at any particular frequency so that
the transfer of energy out of the dominate mode will be the
primary energy exchange.

Kennett (1990) provides an analysis following the tech-
niques of Kohler and Papanicolaou (1977) of the 2-D case
of attenuation due to scattering by random inhomogeneities
in a wave guide for elastic waves. Equations (17) and (20)
can be combined to define a set of “coupled power equa-
tions” outside of the source region:

JoE, a)
= ( G b,,)En + 3 Hon .
which include both forward and backward scattering. De-
tails of the calculations of the scattering coefficients can be
found in Kennett (1990).

Scattering between modes will be ignored in the remain-
der of this paper, although Schreiner and Dorman (1990)
have evoked scattering into short wavelength Stoneley
modes to explain the rapid loss of coherence with distance
observed between measurements from pairs of sensors sepa-
rated on the seafloor. Models of scattering from the rough
basalt-sediment interface in regions of thin sediment suggest
scattering into sediment modes may indeed be important in
many regions of the seafloor at frequencies near 1 Hz (Dou-
gherty and Stephens, 1988).

The next section proceeds with the calculation of the
excitation function. The source region is assumed to be so
large that the source looks the same in every direction so that
the energy spectrum is isotropic in direction. We equate the
energy being put into each mode by the ocean waves to the
dissipation per unit area to determine the energy spectrum:

E, (0,0) = (Q,/®)S,(0,0) (23)

An integral over azimuth & leads to the excitation rate per
unit area and the energy density per unit area in each mode:

(22)

E, () =&S'(w) _& fsn(w,a)de. (24)
(4] w
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The next problem is to calculate the source function for each
mode /.

lll. CALCULATIONS OF MODE EXCITATION

The microseism excitation is modeled as a distribution
of vertical dipoles (a pressure field) at the free surface. The
vertical displacement field due to this distributed pressure
field P(x,w) can be calculated using an integral over the free
surface of the Green’s function for a vertical point force at
the surface times the pressure field. Assuming a Fourier
transform in frequency, the displacement at a point de-
scribed by the horizontal vector x and depth z is expressed as
a sum over modes:

w(x,z,w) = 2 f Gn (X,2,0;%0,20 )P (Xg,0)dX,. (25)

The Green’s function in cylindrical coordinates for a vertical
point force can be found in Aki and Richards (1980):

w, (2)w,(2,)
B t2Wn%20) btk 1x—x D)1,
sc. v, Jolknlx—%D]

(26)

where J; is the zeroth-order Bessel function and the w,, are
the vertical displacement eigenfunctions. The Green’s func-
tion can be rewritten as an explicit function of only the rela-
tive position |[x — x,| and evaluated at the free surface
2z, =0.

The rate of work done by the pressure field at the free
surface on a mode is the time average of the product of the
vertical velocity in the mode at the free surface and the pres-
sure acting at the surface (the dot product of traction and
particle velocity):

Gpw,n (x9z’w;x0 »Z0 ) =

W(x,w) = ( — iow(x,0,0)p*(x,0))

= —jw z f G (|X — X0[,0,0)

X (P (Xq,@)p* (X,0))dx,. 27

The quantity in angle brackets is the autocorrelation func-
tion of the surface pressure field [Eq. (2)]. As noted earlier,
a delta function can be used to approximate this function
since the scale of the correlation is very small compared to
acoustic wavelengths [Eq. (3)]. Equation (27) evaluates
trivially

o 27
Ww) = z — iwC(w) f f G,..(|x —x,|,@)
n 0 Q
X&(|x — x4|)dx dé, (28)

W(w) = Z — i0G,,,, (0,0)C(w).

n

The source function for each mode is then

2row? (0)
S (@) =————C(w). (29)
8cn Un I In
Equating the source and dissipation terms determines the
mode amplitude power spectra: '

2
4,(0) =22 O 0y, (30)
4o, U, I},
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The equilibrium amplitude spectra are linear with the mode
Q, and inversely related to the energy density transport rate
Uw*I, normalized by the vertical displacement at the free
surface. Functions for each mode for the vertical displace-
ment and pressure at the seabed (z = /) can be defined from
Eqs. (14), (15), and (30) for which the local dissipation and
excitation are equal:

2
0
V. (@0,h) = w2 (h) M,
dw’c, U, I3, a1
Tw? (0)Q
P (o) = p2 (h) 9L
P 4a)2c,, U,,[f,,

A sum over these functions yields transfer functions between
the source spectrum and the seafloor displacement (T, ) and
pressure (7, ) spectra, which will be called the equilibrium
transfer functions:

W(w,h) = C(w) 2 V, =Co)T, (o,h),

(32)
P(a,h) = C(w) Z P, = C(w)T,(w,h).

IV. CALCULATIONS OF MODE EXCITATION AND
DISSIPATION IN REALISTIC EARTH MODELS

The earth models considered here consist of a vertical
stack of laterally homogeneous layers of differing density,
compressional, and shear velocity. The propagator matrix
method combined with the method of minor vectors is a
computationally stable method to determine the normal
modes in this type of model (Woodhouse, 1980). We use an
implementation written by Gomberg and Masters (1987).
Figure 6(a) displays the phase velocity as a function of fre-
quency for the first 30 modes in a model representing thinly
sedimented oceanic crust. This model [Fig. 7(a)] is from
Adair (1985) based on the work of Kim et al. (1987) and
Shearer and Orcutt (1985), from asite in the central Pacific.
The model will be called the “Pacific model” in this paper.
There are three related types of P-SV polarized modes in the
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FIG. 6. (a) Phase velocity versus frequency for the first thirty modes in the

Pacific model (Fig. 7). (b) The“Q’s” as a function of frequency assaciated
with the modes shown in (a).
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FIG. 7. The “Pacific model”: (a) Compressional velocity (solid line, km/s), shear velocity (heavy dashed line, km/s) and density (light dashed line,
gm/cm’) versus depth. (b) Compressional wave (solid line) and shear wave (dashed line) “Q’s” asa function of depth (km). The compressional wave Q is

set infinite in the 5.5-km-deep ocean.

oceanic waveguide, corresponding to (1) Rayleigh waves in
the crust and mantle, (2) primarily acoustic modes in the
ocean, and (3) Stoneley modes associated with the thin layer
of low shear velocity sediment (Panza, 1985). A mode will
fit generally into one of these categories depending on fre-
quency, although for the most part, some energy is shared
between the mantle, crust, sediment, and ocean in every
mode and at all frequencies. The modes that look mostly
“acoustic” will propagate with the least attenuation, while
modes with energy trapped in the sediment, rapidly attenu-
ate.

The mode Q’s can be derived from estimates of the Qs
for propagation of both shear Q, and compressional waves
Q, within each layer of the model. The mode Q’s are a
weighted integral over the layers:

1 “ dw?
k e -1
4’ Uo [( “t dz) ('Hz‘“)]zQ“

+ [(kw ——)2 — 4ku cji_w] Q5! dz} .
: (33)

0-'=

Here, w and u refer to vertical and horizontal displacement
eigenfunctions and A4 and g are Lame coeflicients (Aki and
Richards, 1980). The index n referring to the particular
mode is assumed in this equation. The Qs derived from this
equation are “temporal Q’s” referring to the fraction of ener-
gy lost each wave period. This Q differs from a “spatial 0
that is weighted by the ratio of the group velocity to the
phase velocity to describe the energy lost per wavelength
traveled.

The attenuation coefficients (or Q’s) of shear and
compressional waves are less well known than the compres-
sional and shear wave velocities. Wave attenuation estimates
are obtained as part of full wave modeling of refraction data
and from Rayleigh and Love wave propagation measure-
ments. The amplitude spectra are linear in mode Q, so uncer-
tainties in layer Q ’s are directly related to uncertainties in the
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microseism spectrum. The microseism spectrum ranges over
more than 70 dB across the band from 0.1 to 10 Hz, so uncer-
tainties of 50% in energy associated with errors in Q are
nearly invisible on plots of spectra. Figure 7(b) shows esti-
mates of the shear and compressional wave Q ’s derived from
Spudich and Orcutt (1980). Attenuation of compressional
waves within the ocean at the frequencies considered here is
negligible and the ocean Q is set infinite in the model.
Compressional wave and shear wave Q values in the mantle
are estimated to be about 450 and 225 leading to mode Q’s
around 300 for mantle Rayleigh waves.

The attenuation within sediments is much higher than
in the rock or the ocean. Sauter (1987) measured Q values
near 40 in the upper 50 m of a muddy seafloor. Recent work
suggests the attenuation in very young oceanic crust in seis-
mic layer *“24  can also be very large (@~ 30, Wilcock etal.,
1991). In the calculations shown here, the high attenuation
in a thin layer of sediments does not greatly effect the attenu-
ation of modes which contribute to the signal seen at the
seafloor since modes with significant energy in the sediment
layer tend to be poorly excited by a source at the sea surface.
The high attenuation does become important when consid-
ering scattering into sediment modes at the sediment—rock
boundary, then the high attenuation will tend to *“soak up”
any energy scattered into these modes. Figure 6(b) shows
the mode Qs which range from 10° for modes with energy
primarily in the ocean to 50 for Stoneley phases. The largest
@ values are probably overly large, a result of setting dissipa-
tion to zero in the seawater, however these large values do
not effect the results shown in this paper. The model also
does not include the very large attenuation associated with
the upper few meters of sediment so that the Stoneley mode
Qs are too large at high frequency. However, these modes
are also not an important component of the results.

The modal functions [Eq. (31)] for pressure and dis-
placement are summed to derive the equilibrium transfer
functions [Eq. (32)] in Fig. 8(a) and (b). The individual
modal functions are complicated, but the sum of these
curves yields smoother curves with an approximately power
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FIG. 8. (Solid lines.) The modal transfer functions of (a) displacement and
(b) pressure in the Pacific model. The sum of the modal transfer functions is
shown as a dashed line. The transfer functions relate the equilibrium micro-
seism spectrum to the frequency spectrum of the spatial correlation func-
tion of the source.

law dependence of about f ~* for pressure and f ~ * for verti-
cal displacement. At low frequencies, one mode usually con-
tributes at least 80% of the variance at any particular fre-
quency. The order of the dominate mode increases with in-
creasing frequency. There are necessarily frequencies when
two modes contribute equally. Above 1 Hz, the contribu-
tions from several modes may be comparable. The peak val-
ues in the modal excitation functions are associated with the
parts of dispersion curves when the modes look most like
acoustic modes in the ocean with phase velocities between
1.5 and 3 km/s (Fig. 6). The largest value in each excitation
function occurs in the “elbow” of the dispersion curve where
the phase velocity is near 1.6 km/s and there is a local mini-
mum in the group velocity.

Figure 9 displays the vertical displacement spectrum at
the seafloor calculated using the Pacific model in Fig. 7 and
the Pierson-Moskowitz model of a fully developed surface
gravity wave spectrum at three different wind velocities
(Fig. 2). The wind wave directional spectrum is as specified

1910/

1014}

m2/Hz

1018

10221
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FIG. 9. (Solid line.) Displacement spectrum from the seafloor in the eas-
tern Pacific. (dashed lines) Model displacement spectra for the Pacific
model at wind velocities of 5, 10, and 15 m/s assuming the ocean wave
model in Figs. 2 and 3 and the transfer function shown in Fig. 8.
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in Eq. (11) and Fig. 3. As noted earlier, the directional spec-
trum is a crucial component of the calculations that is poorly
constrained by measurements. In Fig. 9, stronger winds gen-
erate lower frequency ocean waves which in turn generate
lower frequency microseisms. At high frequencies the mi-
croseism spectrum is independent of the wind velocity if the
velocity is above some critical value. The vertical displace-
ment spectrum model has a power law dependence on fre-
quency with a slope of about 100 dB/decade. The spectrum
decreases precipitously below the cutoff frequency. An ex-
ample of a displacement spectrum measured at the seafloor
near DSDP drilling site 469 is shown is also shown in Fig. 9
(data from Schreiner and Dorman, 1990). The model spec-
tra exceed the data at this site by as much as 10 dB over part
of the microseism band, but the general shape and slope is
correct. As noted in Fig. 4, the uncertainties associated with
the knowledge of the directional spectrum of the ocean wave
source are of comparable magnitude. The spectrum may not
be saturated across the entire microseism band, and teleseis-
mic energy probably controls the spectrum near 0.1 Hz.
The model for the pressure spectrum is compared with
measurements of the pressure spectrum from three sites in
eastern Pacific in Fig. 10. The slope of the forward face of the
pressure spectrum is about 70 dB/decade. This model spec-
trum is the sum of the resonant component from Eq. (32)
and the nonresonant component inferred from Eq. (6). The
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FIG. 10. (Thin solid and dashed lines.) Three pressure spectra from sites in
the eastern Pacific. The local wind-wave microseism peak varies from 0.2 to
0.5 Hz in these three spectra. (Heavy solid line.) Model pressure spectrum
for the Pacific model for a wind velocity of 10 m/s. (Dotted line.) A model
for the nonresonant component of the pressure spectrum.
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resonant component associated with the trapped modes is
considerably larger than the nonresonant component (dot-
ted line, Fig. 10) across most of the microseism band, but
falls slightly below the nonresonant component above 0.8
Hz. The pressure spectra shown in Fig. 10 are combinations
of both local wind driven peaks ranging from 0.2 to 0.6 Hz
and a (probably) teleseismic peak near 0.13 Hz. This tele-
seismic peak shows an evolution with time toward higher
frequency suggesting normal dispersion of ocean waves from
a distant storm (Webb and Cox, 1986).

The apparent “gain” associated with trapping of energy
in modes of the waveguide can be estimated by dividing the
total result in Fig. 10 by the result from Eq. (6). The appar-
ent gain in pressure is as high as 43 dB near 0.15 Hz [Fig.
11(a)], considerably larger than the results of Schmidt and
Kuperman (1988) for deep water. The apparent gain in ver-
tical displacement of the seafloor using the results in Fig. 10
and Eq. (8) exceeds 20 dB at 0.15 Hz [Fig. 11(b)] also
larger than the Schmidt and Kuperman results. The discrep-
ancy between the two sets of calculations is primarily the
result of different models of attenuation. The compressional
and shear wave Q ’s in the sediments and rock in Fig. 7 corre-
spond to attenuation coefficients of between 0.01 and 0.03
dB/A, about one-tenth of the values used in the Schmidt and
Kuperman paper, hence a 10-dB difference in model predic-
tions.

The dependence of the seafloor pressure spectrum on
the structure beneath the seafloor seems to be greater than
the dependence of the vertical displacement spectrum on
structure. The displacement spectrum predicted from a
model with a deep layer of sediments [Fig. 12(a}], is only
about 3 dB quieter than the spectrum derived from the thinly
sedimented model whereas the pressure spectra differ by up
to 15 dB with the difference greatest near 0.25 Hz [Fig.
12(b)]. The dispersion curves for the two earth models are
quite different as are the modal Qs (Figs. 6 and 14). One of
the original goals of this work was to understand why mea-
surements of the microseism pressure spectra from a site in
the western Atlantic were always less energetic than spectra
from sites in the eastern Pacific. The model with the deep
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FIG. 12. (a) Measurements of the displacement spectra from a borehole at
a depth of 509 m (heavy sclid line), and the seafloor (heavy dotted line).
Also shown are models for the displacement at the seafloor (light dashed
line), and in the borehole (light solid line) in the Pacific model and at the
seafloor in the Atlantic model (light broken line). (b) Seafloor pressure
spectrum from a site in the western Atlantic (heavy solid line), and model
pressure spectra for the seafloor in the Atlantic (light solid line) and Pacific
models (dashed line).

layer of sediment (Fig. 13) will be called the “Atlantic”
model although representing only the edges of the basin with
significant terrigenous sediment. An example of the pressure
spectrum from a site on the seafloor in the Western Atlantic
resembles closely predictions from this model [Fig. 12(b)].
A deep layer of sediments does significantly attenuate the
pressure spectrum seen at the seafloor and apparently ex-
plains the differences between eastern Pacific and western
North Atlantic sites. Microseism spectra in the two oceans
should also differ because of differences in wave climatology.

The predicted pressure spectrum in the Atlantic model
is smaller than the predicted spectrum for the Pacific, be-
cause the typical mode @’s for the “acoustic-like” modes
with phase velocities near 1.5 km/s are on the order of 90 in
the Atlantic model and 3000 in the Pacific model, represent-
ing the difference in attenuation between models with deep
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FIG. 11. Apparent gains in dB in pressure (a) and displacement (b) in the Pacific (solid line) and Atlantic (dashed line) models. The figure compares the
microseisms in the ocean-seafloor waveguide under an extended source region to the result for a model of microseisms in an ocean of infinite depth.
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FIG. 13. The “Atlantic model™: (a) Compressional velocity (solid line, km/s}, shear velacity (heavy dashed line, km/s) and density (light dashed line,
gm/cm’) versus depth (in km). (b) Compressional wave (solid line) and shear wave (dashed line) “Q s as a function of depth (km). The compressional

wave Qis set infinite in the 4-km-deep ocean.

and thin layers of sediments (Figs. 6 and 14). The vertical
displacement spectra in the two models are more similar
than the pressure spectra because the reduction in micro-
seismn energy associated with greater attenuation in the sedi-
ments is partly countered by larger vertical displacements at
the seafloor associated with lower shear strength in the sedi-
ments.

V. BOREHOLE SEISMIC MEASUREMENTS

There has been a debate about the utility of burying seis-
mometers within the crust to improve the signal to noise on
high phase velocity components (body wave phases). The
model predicts the vertical displacement spectrum for a seis-
mometer at depth within a borehole should be less energetic
than the spectrum at the surface by about 10 dB, a conse-
quence of more rigid rock at depth [Fig. 12(a) ]. The verti-
cal scales of modes excited from the sea surface are large, so
in the model used for these predictions, shallow burial is not
greatly advantageous. If strong scattering into short wave-
length components at the seafloor occurs, then the spectral
level at the seafloor would increase with a lesser effect on the
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FIG. 14. (a) Phase velocity versus frequency for the first thirty modes in the
Atlantic model (Fig. 13). (b) The “Q’s” for the modes shown in (a).
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borehole measurements. The net effect of scattering is to
reduce the total energy transport in microseisms (integrated
over depth) because of the greater attenuation, but the spec-
tral level near the seafloor should increase because of trap-
ping of energy near the interface.

Vertical displacement spectra from the seafloor near
DSDP borehole 395A in the western Pacific and at depth,
609 m below the seafloor differ by from 10 to 20 dB ( Adair et
al., 1984). The model spectrum (Pacific model) matches the
borehole measurements within 10 dB over most of the mi-
croseism band. The model underpredicts the displacement
measurements at the ocean floor by 10 to 15 dB over most of
the band [Fig. 12(a)]. Adair ez al. (1984) have argued that
the large difference in spectral amplitudes between down
hole and surface measurements at this site is the result of
significant scattering into short vertical wavelength compo-
nents. Dorman and Schreiner (1990) have also argued for
significant scattering into Stoneley mode phases based on
observations of the correlation scale between instruments
separated horizontally on the seafloor.

VL. SHALLOW WATER

The character of microseisms is very different in shallow
water. The water depth determines the “cut-off”” frequencies
of ocean acoustic modes and fewer and fewer modes look like
ocean acoustic modes as the water depth is reduced. The
microseism energy is therefore carried by the Rayleigh wave
modes. The amplitude of the microseism peak in equilibrium
pressure spectrum calculations is 40 dB less in 500-m water
depth compared to deep water [Fig. 15(a) ]. In contrast, the
equilibrium displacement spectrum is reduced by at most 20
dB from deep water to 500-m depth [Fig. 15(b)]. In shallow
water, the wavelength of acoustic waves at microseism fre-
quencies becomes large compared to the water depth so that
the pressure signal associated with the normal modes is re-
duced at the seafloor because of the proximity of the free
surface. Teleseismic phases are therefore difficult to detect
with pressure gauges. The entire microseism signal in pres-
sure is local, and a direct measure of the forcing overhead
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FIG. 15. (a) The equilibrium microseism model results for (a) pressure and (b) displacement spectra in water of depths ranging from 0.5 to 5.5 km using the
Pacific model. The dashed line in (a) is the result for an ocean of infinite depth.

(Kibblewhite and Wu, 1991; Kibblewhite and Ewans,
1985). Measurements of the pressure spectrum from 500-m
depth from the coast of Oregon show greater variability from
day to day than is ever seen in deep water measurements
(Fig. 16). In the first day of measurements under calm
winds, the pressure spectrum is under 1 Pa’/Hz over the
entire microseism band from 0.1 to 0.5 Hz. This is smaller by
20 dB than any measurement of the microseism peak from
deep water (except for the Arctic ocean seafloor). The ro-
bustness of the amplitude of the infragravity wave energy
below 0.04 Hz confirms the instrumentation is functional.
During the second day of measurements, increasing wind
generates a local wind wave peak that evolves toward lower
frequency with time. The frequency of this peak falls to 0.18
Hz at the end of data series and the amplitude of the peak is
comparable to that expected for the “nonresonant” compo-
nent [ 10° Pa’/Hz, Fig. 15(a)].

The most important result of the calculations shown
here is that in deep water, large changes in structure below
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FIG. 16. A series of pressure spectra from the continental rise off of central
Oregon, from a water depth of 500 m. The pressure spectrum varies more
greatly here than in deep water because the pressure signal from the teleseis-
mic component is reduced in shallow water.

2153 J. Acoust. Soc. Am., Vol. 92, No. 4, Pt. 1, October 1992

the seafloor leads to only small changes in the results, par-
ticularly in the displacement spectrum. The theory provides
an explanation for the remarkable uniformity in the ampli-
tude and shape of the microseism peak seen at the seafloor.
The uniformity of spectral amplitude seen in deep water is
also a consequence of efficient propagation of energy within
the ocean-seafloor waveguide as discussed in the next sec-
tion.

VIl. THE APPROACH TO EQUILIBRIUM

The calculations shown so far assume a source region of
infinite extent. An important question is how quickly the
spectrum evolves to the equilibrium spectrum. The radiative
transfer equation for each mode with a source term and a
dissipation term can be written as

JE, (w,9)

at .
In a solitary, uniform amplitude, temporally stationary, fi-
nite source region, the equation for each mode following a
ray along direction & simplifies to an equation in a single

coordinate, the distance along the ray x since the group ve-
locity is independent of location:

9 FE

ne

(34)

+UVE, =S, —

i aﬂ:s,, - Y E,. (35)
ax Q,

If E, is zero before entering the source region at x =0 the
general solution along the ray path for x> 0 is

s [e(ze)l

»
If the source region is circular, the energy along all rays
directed toward the center will be the same. The total energy
in a mode at the center is found by integrating over direction,
equivalent to multiplying Eq. (36) by 2. Using this equa-
tion, the contributions to the spectrum from each mode in a
region of order R in radius can be calculated. Much of the
energy is in modes with Qs on the order of 300. Given a
typical group velocity of 1.5 km/s, a characteristic length

E,(0,0) = (36)
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corresponding to a single e-folding at 5-s period is about
2200 km. After one e-folding the spectrum is within 4 dB of
the equilibrium spectrum, which for most measurements is
indistinguishable from the equilibrium spectrum.

The ratio of the pressure spectra under source regions of
10, 100, or 1000 km in radius to the spectrum in a region of
infinite extent is shown in Fig. 17(a). The Q’sin the Atlantic
model tend to be considerably less than in the Pacific model
so the spectrum is closer to equilibrium spectrum in a
smaller region. The power in the spectrum in the microseism
band is within 15 dB of the fully saturated value within a
source region of about 100-km radius in the Pacific and just
20 km in the Atlantic model. The e-folding scale tends to be
less at higher frequency, so that saturation is obtained in a
smaller region. The spectrum above 0.7 Hz is always within
5 dB of saturation within a source region of only 100 km so
the spectrum at these frequencies should appear fully satu-
rated at any site where the wind exceeds about 5 m/s. Typi-
cal source regions will usually be 100 to 1000 km in extent so
that the energy in microseism peaks near 0.2 Hz will usually
lie 3 to 8 dB below the saturated value in the Pacific.

How large must a region of calms be to see a significant
reduction in the microseism spectrum below the equilibrium
spectrum? The decay of microseism spectrum away from a
source region can be estimated by calculating the attenu-
ation of modes with distance;

E, = &S,, exp( - xa)) .
o U.Q.

Again the differences in mode Q ’s between the Atlantic mod-
el and the Pacific model are important. In the Pacific model,
the mode Q’s at frequencies below 0.6 Hz are sufficiently
large that a calm region must exceed several thousand kilo-
meters in scale for the microseism spectrum to fall more than
10 dB below the saturation value [Fig. 17(b)]. These large
scale lengths suggest that in the Pacific, it is nearly impossi-
ble for the microseism energy to fall much below the satura-
tion value since ocean storms somewhere will be creating
microseisms which are seen at any site. The large mode Qs
near 0.15 Hz suggest this energy, once established will prop-

(37)

agate throughout an ocean basin. The spectrum falls more
quickly within a region of calms in the Atlantic model, but
there is still some energy at frequencies below 0.3 Hz, which
propagates thousands of kilometers [Fig. 17(c)]. The
greater attenuation associated with the Atlantic model
should permit spectra to deviate greatly from the saturation
spectrum in regions of calms at sites for which this model is
appropriate. The spectral decay curves for the Atlantic mod-
el [Fig. 17(c)] exhibit great variability in attenuation be-
tween closely spaced frequencies. The natural variation in
earth structure should eliminate most of this complex struc-
ture.

Vill. MICROSEISM CLIMATOLOGY

A goal of this work was to understand why microseism
spectra from the seafloor at a site in the North Atlantic were
less energetic than pressure measurements from the Pacific
seafloor. One answer is that the greater attenuation associat-
ed with deep layers of sediments reduces the microseism sig-
nal [Fig. 12(b)]. A second answer is that the ocean wave
climate in the Pacific is almost invariably more energetic
than in the western, central North Atlantic. This section
discusses the climatology of ocean waves and the resultant
microseism climatology as a guideline to predicting low-fre-
quency acoustic noise throughout the ocean basins.

Measurements from the deep seafloor of the Arctic un-
der the icecap provide an estimate of the background micro-
seism spectrum, far from local sources. The ice cover pre-
vents the development of ocean waves eliminating ocean
waves as a source of microseisms. Figure 18 shows a spec-
trum obtained from an instrument on the floor of the Beau-
fort Sea from March 1990. Microseisms are still evident, but
the spectrum is very subdued; 30 to 40 dB quieter than spec-
tra from the Pacific seafloor. The nearest source of micro-
seisms is across Alaska in the Northeast Pacific ocean
(Webb and Schultz, 1992).

Elsewhere in the ocean, the microseism spectrum is
composed of a local part associated with winds and waves
within a few hundred kilometers of the site, and a lower
frequency, teleseismic part associated with low-frequency
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FIG. 17. (a) The ratio of the pressure spectrum in three regions of finite extent (10, 100, and 1000 km in radius) to the “‘equilibrium spectrum” in a region of
infinite extent in the Pacific model (solid lines) and the Atlantic model (dashed lines). (b) The decay of the microseism pressure spectrum into a region
without forcing adjacent to a region with a fully excited (equilibrium) microseism spectrum. The ratio of the pressure spectrum at distances of 10, 100, 1000,
and 10 000 km into the calm region to the equilibrium spectrum in the source region is shown for the Pacific model. (c) same as (b) except the spectra are

derived from the Atlantic model, and the curve at 10000km is not shown.
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FIG. 18. Pressure spectra from sites on the seafloor in the Pacific. Atlantic,
and Arctic oceans.

ocean waves from usually distant and large storms. Figure 2
shows the ocean wave spectrum at wind velocities of 5 and 10
and 15 m/s at a prescribed height (19.8 m). The lowest fre-
quencies in each spectrum are sharply limited. Under a 5-
m/s wind, the spectrum approaches the saturated spectrum
only for frequencies above about 0.3 Hz, for 10 m/s, the
spectrum is saturated to slightly lower frequency (0.15 Hz)
and at 15 m/s to 0.1 Hz. After accounting for the frequency
doubling associated with the nonlinear microseism spec-
trum, we see that a wind velocity near 10 m/s is required to
significantly excite 0.2-Hz microseisms, but that only 5 m/s
is required to excite 0.4-Hz waves and 3.5 m/s is sufficient to
excite 0.6-Hz waves.

The winds exceed 3.5 m/s across great regions of the
Pacific most of the time, therefore the microseism spectrum
at frequencies above about 0.6 Hz will virtually always be
near equilibrium. The spectra are “saturated” and all mea-
surements look the same except during wide-spread calms.
The e-folding distance above 0.6 Hz is of order 100 km, so an
area of calms must be of the order of several hundred kilo-
meters in radius for the microseism spectrum at the center of
the region to fall much below the equilibrium microseism
spectrum. We look to climatological atlases to assess how
common regions of widespread calms are in World’s oceans
(U.S. Navy, 1977). At ocean station “Papa” in the Gulf of
Alaska, we find that in January the winds exceed 3.5 m/s (7
kn) 95% of the time and even in July, the winds exceed 3.5
m/s 85% of the time. Near Hawaii, the fraction of time
above 1.5 m/s is 88% in January and 95% in July, when
trades are strongest. One of the quietest parts of the North
Pacific in January seems to be along the East Pacific Rise,
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where the wind exceeds 3.5 m/s, a mere 79% of the time in
January (68% in July).

In contrast, large regions of calms seem to be common in
the central north Atlantic during the summer months. A
station near the intersection of the Mid-Atlantic ridge and
the Oceanographer transform fault sees winds of less than
3.5 m/s 47% of the time in July. At this station, we can
expect to see intervals of very low noise during the Summer
at frequencies from 0.6 Hz up to about 5 Hz since shipping
becomes an important source of noise above about 5 Hz.
Intervals of very low noise in this band have been seen in
Eastern Pacific microseism data during calms, but these per-
iods are usually short. There is little published microseism
data from stations in the Atlantic. In the Winter, winds ex-
ceed 3.5 m/s across most of the North Atlantic virtually all
of the time so we expect the microseism spectrum to be satu-
rated at frequencies above 0.6 Hz throughout the Winter.

At lower frequencies, microseisms propagate farther,
and the microseism spectrum depends more on where
storms are over the oceans than on local conditions. The
observations show most of the variability in the measured
microseism spectrum occurs in a narrow band from 0.15 to
0.6 Hz corresponding to wind velocities for fully developed
seas from 5 to 15 m/s, consistent with the usual range of
winds over the ocean.

One of the most consistent differences between spectra
from the Pacific and from the North Atlantic is an absence of
microseisms at frequencies below about 0.14 Hz in the At-
lantic, corresponding to ocean waves of 0.07 Hz and wind
velocities of more than 20 m/s in the Neumann and Pierson
model of a fully developed sea. At these low frequencies, the
fetch required to reach the fully developed state is large, of
order 600 km or more. Once generated, both acean waves
and microseisms at these very low frequencies will propagate
enormous distances across the ocean with little attenuation.

Microseism energy declines precipitously at frequencies
below 0.1 Hz. This lower limit is very stable, and results
because ocean waves longer than 20-s period (0.05 Hz) al-
most never occur. Schillington (1981) describes a 0.045-Hz
swell observed at Cape Town that may have generated 0.09-
Hz microseisms. This location is exposed to large waves gen-
erated in the long fetches south and west of Africa, but even
at this location, waves longer than 20-s period were only
observed three times during an 8-yr span. The generation of
0.045-Hz waves requires sustained winds of over 30 m/s (60
kn) and a fetch of at least 1500 km. Fortunately, weather
conditions such as this are rare even in the southern oceans.

There is a second mechanism that can generate micro-
seisms at periods longer than 10 s, and causes a distinct sec-
ond peak, the “‘single-frequency peak’ seen on Atlantic sea-
floor records, and at land stations (Hasselmann, 1963). This
mechanism is poorly understood and is ignored in this paper.

IX. COHERENCE BETWEEN INSTRUMENTS ON THE
SEAFLOOR

The model presented here suggests that the microseism
spectrum quickly evolves toward an equilibrium spectrum at
frequencies above 0.3 Hz under source regions of only few
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hundred kilometers in extent. At equilibrium, the direction-
al spectrum of each mode must be nearly isotropic, since the
extent of the source region in every direction exceeds the
typical e-folding distance associated with the relevant
modes. The coherence between measurements from any pair
of instruments on the seafloor falls off with horizontal sepa-
ration quickly because of the absence of a preferred propaga-
tion direction in the microseism spectrum. The coherence
between two vertical displacement sensors separated hori-
zontally on the seafloor can be calculated using the equilibri-
um spectrum model. The coherence between vertical dis-
placement measured at two points at depth 4, separated by a
horizontal distance 7 is

C,o (r0) = (w(x + rw)w(x,w))

_ 3, A, (8,0)uw? (h) exp[ikr]dd
B S, §A, (8,0)w? (h)do '

(38)

If the spectra are isotropic in direction then the integral over
direction reduces to a Bessel function of order zero (Webb,
1986):

_ 2.V, (0}, (kr)
ws V(@)

and the coherence is an energy weighted sum of Bessel func-
tions with argument equal to the wave number of each mode
times the separation distance. The V, are the modal transfer
functions [Eq. (32)].

The coherence calculated using an isotropic directional
spectrum [Fig. 19(b)] is in general agreement with mea-
surements from a site on the Pacific seafloor [Fig. 19(a)].
The amplitude of the coherence is shown as a function of
both the distance between the two instruments and frequen-
cy. The most closely spaced instruments were 3 km apart.
The coherence in the “single” frequency microseism peak
between 0.05 and 0.1 Hz remains large to separations as
great as 10 km. At intermediate frequencies in the double
frequency microseism peak (0.15-0.5 Hz) the isotropic di-
rectional spectrum appears to correctly predict the fall off of
coherence with distance as seen in the measurements. The

(39)

models predicts less coherence than is seen in the measure-
ments at the lowest frequencies (0.1 t0 0.2 Hz) In this band,
the microseism spectrum is controlled by Rayleigh waves
from large storms, and the beam width of the directional
spectrum is expected to be narrow (rather than isotropic).

Above 0.5 Hz, this model predicts greater coherence at
separations less than 100 m than is seen in measurements
(Schreiner and Dorman, 1990). Schreiner and Dorman
(1990) have suggested significant energy is scattered at the
rough rock-sediment interface into short wavelength waves
propagating within the sediments (Stoneley modes) reduc-
ing the coherence. Because the energy in these modes is
tightly confined to the seafloor, measurements of displace-
ments made at the seafloor may be dominated by these
modes, even if only a small fraction of the energy transport is
associated with the Stoneley modes.

X. CONCLUSIONS

Microseisms are excited wherever the directional spec-
trum of ocean waves is sufficiently broad that pairs of surface
gravity waves can couple energy into high phase velocity
acoustic components in the ocean by nonlinear processes.
Much of the surface of the World’s ocean appears to be a
source of microseisms at any time. This energy is trapped
within a waveguide established by the seafloor and the steep
gradients in elastic velocities in the crust and upper mantle.
The source regions for microseisms are sufficiently large that
a balance between excitation and dissipation within the
waveguide must become established. Calculations of the ex-
citation and dissipation of modes in this waveguide allows
the equilibrium microseism spectrum to be calculated in any
model ocean. These calculations closely follow measure-
ments of microseism displacement and pressure spectra
from the deep seafloor in both the Atlantic and the Pacific.
Structure below the seafloor effects the equilibrium spec-
trum seen at a site. A thick layer of sediments reduces the
amplitude of the seafloor pressure spectrum by about 10 dB,
a consequence of greater attenuation within the sediments.

Efficient propagation within the ocean waveguide main-

FIG. 19. (a) Contours of coherence amplitude as a function of frequency and distance between sensors measured with an array of pressure transducers on the
seafloor in the eastern Pacific Ocean. (b) The coherence between sensors as a function of distance between sensors and frequency derived from the equilibri-

um spectrum model.
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tains microseism amplitudes near the equilibrium spectrum
even in large regions of calm winds, particularly at frequen-
cies below about 0.6 Hz. The distances associated with one e-
folding due to attenuation range from tens to thousands of
kilometers from high to low frequency. Regions as small as
100 km are sufficient to excite microseism amplitudes within
a few dB of the equilibrium values above 0.6 Hz. In contrast
at lower frequencies, the spectrum will usually be 5 to 10 dB
below the equilibrium values because of the finite size of the
source region.

The microseism wave field has many similarities to the
ocean surface wave field. Storms in localized regions estab-
lish an approximately saturated spectrum of ocean waves.
As one moves out of the source region, the spectrum decays,
with the highest frequencies lost first, while the lowest fre-
quency waves persist to crash on shorelines all the way
around the Pacific. Like microseisms, the long-range propa-
gation of certain components means the sea surface is virtu-
ally never perfectly quiet anywhere in the Pacific. Again, like
microseisms, the ocean wave spectrum measured at a site
may be partly local, and partly “teleseismic.” If one mea-
sures the pressure spectrum under ocean waves, one will see
both a wave component and a component that is associated
with pressure fluctuations in the atmosphere overhead. This
component is equivalent to the “nonresonant” component
referred to in the discussion of microseisms, however the
“Q’s” of ocean waves are so large, that the nonresonant com-
ponent is nearly always infinitesimal compared to the *“mod-
al” component.
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