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ABSTRACT

The interaction between the atmospheric and oceanic boundary layers is simulated by solving a closed system
of equations including equations of motion, turbulent kinetic energy (TKE), turbulent exchange coefficient
(TEC), expressions for air and sea stratification, and processes of air-sea interaction that account for the wave
layer. The wave layer is characterized by discontinuities of velocity, TKE, and mean wind energy across the
interface. The mechanism of energy transferred across the interface is taken into account by the method of bulk
aerodynamic parameterization. Influences of wave effects on the vertical structure of air-sea turbulence and
dynamics are studied numerically by variations of the surface wave state, and by variations of atmospheric
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Modeling the Interaction between the Atmospheric and Oceanic Boundary Layers,

stability.

The results demonstrate that diffusion plays an important part in the TKE budget, at least near the interface,
and the wave layer acts as an additional source of TKE for the lower/upper parts of atmosphere/sea. The
computational resuits show that waves influence both atmospheric and marine characteristics. This influence
is especially large in the distributions of TKE on both sides of the interface, surface drift current velocity, wind
velocity at the 10-m height, drag coefficient, and surface roughness. The results of the model are compared,

where possible, with the observational data.

1. Introduction

The interaction between the atmosphere and ocean
has long been recognized as an important process in
the dynamic and thermodynamic behavior of both
media. The transport of momentum and energy across
the interface generates wind waves and drift currents
which, in turn, affect subsequent vertical transport of
momentum and energy.

Influences of surface waves on adjacent layers of the
atmosphere and ocean have been noted by Roll (1965),
Kitaigorodski and Miropolski (1969), Kitaigorodski
(1970), Elder et al. (1970), Deleonibus (1971), Lai and
Shemdim (1971), and Dubov et al. (1974). At present,
there is not sufficient observational data to specify the
quantitative influences of surface waves on the physical
;:haractcristim of the atmospheric and marine boundary
ayers.

The correct description of the wave layer is a major
difficulty in the problems of air-sea interaction. The
distinctive feature of the wave layer is that physical
processes of this layer cannot be described by the
Reynolds equations, and closure hypotheses for pro-
cesses in this layer presently cannot be used. In my
opinion, the wave layer should be taken into account
in different problems of air-sca interaction because,
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through this wave layer, the exchanges of energy, mo-
mentum, heat, moisture, and salinity always occur. By
studying the wave layer, we can better understand the
mechanism of energy transfer from the atmosphere to
the ocean through the separate mechanisms of the sur-
face wave and the surface drift current. The influence
of surface waves on the boundary layer structure of
the ocean and atmosphere, although there have been
numerous experimental investigations and analytical
studies, is still poorly understood.

It is generally recognized that TKE production is
connected only to the interaction between Reynolds
stress and the field of mean velocity (see Laikhtman,
1966, 1970; Yeh, 1973, 1974; Mellor and Durbin,
1975). However, in another model (Kitaigorodski,
1970), it was suggested that the main mechanism for
TKE production in the marine surface layer is the dif-
fusive flux of TKE from the air-sea transitional layer
where the energy of surface wave breaking is trans-
formed into marine TKE. He further suggested that
the shearing of velocity vector plays a small role in
comparison with diffusion of TKE. Therefore, it is
likely that the TKE production is related both to the
shearing of the mean velocity vector and to the diffusive
flux of TKE. The problem then is what mechanism for
TKE production predominates in specific situations.

Kalatski (1969) solved a three-layer problem in
which the wind wave layer was considered as a fictitious
fluid with density having a prescribed distribution. Ob-
viously, such an idealized three-layer problem was too
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simple to characterize the air-sea interaction (ASI)
problem if the wave layer is taken into account. The
traditional approach in treating the wave layer in
boundary layer modeling is that it is forced to collapse
into the form of a flat interface across which there is
no discontinuity of physical characteristics between the
atmosphere and sea. In this traditional approach of
describing the wave layer, its influences are expressed
by means of the roughness effect of an oscillating ma-
rine surface, which is represented by the roughness
length z,. Here, one assumes continuous conditions of
various physical characteristics across the air-sea in-
terface (Laikhtman, 1966, 1970; Yeh, 1973, 1974;
Tarnopolski and Shnaydman, 1984).

In some recent studies, Klein and Coantic (1981)
used the TKE flux from the atmosphere associated with
the wave effect as a boundary condition in their ther-
mocline marine mixed-layer model, and Egorov (1984)
used the TKE flux from the wave surface in his model
to study the wave influence on air flow over water. By
using traditional boundary conditions, Tarnopolski and
Shnaydman (1984) solved the air-sea interaction
problem, taking into account the wave effect by mod-
ifying the von Karman formula for the marine mixing
length (/;) by making it proportional to the wind wave
height. In summary, the wave layer should not be con-
sidered a plane surface having no discontinuity, because
discontinuities of different physical characteristics are
expected to exist across the air-water interface.

In this paper, I investigate coupled boundary layer
problems by taking into account the wave layer. The
mechanism of energy transfer across the air-sea inter-
face is taken into account by a method of bulk param-
eterization. The influences of the surface wave and
variations of atmospheric stratification on turbulent
structure and dynamics in the boundary layers of the
atmosphere and sea are studied by numerical experi-
ments.

2. The governing equations and boundary conditions

The present study assumes that stationary and hor-
izontally homogeneous conditions exist. Governing
equations for the model (Yeh, 1974) include equations
of motion, TKE, TEC, and expressions for atmospheric
and sea stratification. Such a system of equations can
be written in the same form for both atmospheric and
sea boundary layers (ASBL). The subscript i = 1 rep-
resents variables in the atmosphere and i = 2 represents
those in the water body.

a. The equations of motion and turbulent kinetic energy

We incorporate the equations of motion in Cartesian
form (see Yeh, 1973, 1974)

d _ du; 1P, d
dZ,' KI dZ,‘ +ﬁ)l B Pi 6x,- ’ dZ,

dv,
dz,

l 3P
Pi ayt
H

= fu; =
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where x;, y;, z; are coordinates such that the x;-axes
are in the direction of surface stress vector, z;-axes are
in the direction, up for atmosphere and down for sea;
u; and v; are components of wind and seawater drift
current velocities; K; are the vertical TEC for the at-
mosphere and sea; f'is the Coriolis parameter (f = 2w
X sing; w is angular velocity of the earth’s rotation and
¢ is latitude); p; are the densities of air and seawater;
P; are pressures, which are written in terms of the geo-
strophic wind (U,,;) and the geostrophic current (Up,).

The turbulent exchange coefficient can be expressed
in terms of TKE (Blackadar, 1962; Laikhtman, 1979)
as

Ki = [iEiIIZ = —fcl/4 _Ei/_K'__ Ei1/2
7. (E/K))
K % dz;
u( g e

where k is the von Karman constant assumed here to
be 0.40, z,; are the roughness lengths of air-sea inter-
face, Ky; and Ey; are TEC and TKE at zy;, and /; are
the mixing lengths determined for thermally strati-
fied flow using the von Karman similarity hypothesis
(Zilitinkevich and Laikhtman, 1965).

The equation for TKE is written in the following
form for thermally stratified turbulent flow (Monin and
Yaglom, 1965; Takle et al., 1982).

du, dv,‘ 2 g d0, d dE _ E,'z
K[(@) + (@) -5 &) i n B R
(3)

where g is acceleration of gravity, 8; represents the po-
tential temperature in the atmosphere (6; = 6,) and for
the sea, 8; = p, (p is density); 6° are the average air
temperature (6,°) and the seawater density (p,°) in the
boundary layers; E; represents the TKE; a, = (K./K})
and ¢ are assumed to be dimensionless constants;
a, = 0.73, ¢ = 0.046; K, is the TEC for vertical diffusion
of TKE (see Monin and Yaglom, 1965).

The momentum fluxes are denoted as

du, dv,'

K'd_Zz 0i=Kid—Zi

4)
where 7; and o, represent the X and Y components,
respectively.

Equations (1) and (3) may be written in the form

d d™n; d’s; i
L E% - 5
fe=% Sa-rg ®)
2 2
ni + 0’, g d0 E,- d dE,' _
Ki 00 dZ, —¢ Ki + e dZi Kl dZ,‘ 0. (6)
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b. The density gradients

To simplify modeling the air-sea interaction, the
approximate formulas for the vertical gradients of air
temperature and seawater density have been employed
to close the system (1)—(3). The vertical gradient of air
temperature is determined by the interpolation formula
(Laikhtman, 1961, 1970) '

do, Qo

dz, Pleku*lzl * (e =)
where ¢, is the specific heat for air at constant pressure;
Ux is the friction velocity of the atmosphere, 7, is the
dry adiabatic lapse rate, 7, is the actual lapse rate at
the upper part of the atmospheric boundary layer, Qg
is the vertical heat flux at the interface.
The vertical distribution of seawater density is ap-
proximated by the following formulas (Ly, 1981)

(7

dp -
5, = APz = 2) + (T~ Toz ~2) + T2 (8)
where
0, if * 2z,
5(22‘Zc)={ L 2T
oo, If z,=2
( ) {O, if 0< Zy < Z,
Zy — Z,) =
7 ¢ 1, if z>z.

Here A is a characteristic parameter for the magnitude
of a jump in seawater density layer, z. is the depth of
the seawater density-jump layer, 8(z> — z.) is the delta
function, ¢(z; — z.) is the unit function, and T'; and
T'; are the vertical gradients of seawater density in the
water layers lying below and above the density-jump
layer.

¢. The wave layer

Because the thickness of the wave layer is small (of
order of the magnitude of the wave height) in com-
parison with heights of air and sea boundary layers, we
assume in the steady-state condition that the shear
stress or the momentum transfer and the Y-component
of velocity are continuous across the interface

du, du,
Kipy 5 =—Kypp —2| *
1P1 dzl, o, 2P2 azl ., .,
dvl dD2
Kipr = —Kops —— )]
: 1d21 z1=201 " dz; 22=202
vl(zl)lzm = 02(22)|zo2 (10)

where zy; and z, are the roughness lengths of the upper
and the lower bounds of interface.

If a wave layer is to persist in a steady-state situation,
it must continually be supplied with energy from the
mean and TKE fields of the adjacent fluids. The hy-
drodynamic characteristics of the wave layer may be

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 16

assumed to be functions of air friction velocity (uy,),
acceleration of gravity (g), air density (p,) and seawater
density (p,). Based on conservation of energy and di-
mensional analysis, we have the following formula for
the TKE flux (see Fig. 1):

dE,
Kipy — —
1P1 d22

2 (11)

_ 3
= C\p1lx
Z02

+ K3p»

201

where C, is understood as a dimensionless parameter
representing the surface wave layer. Similar reasoning
leads to an equation for mean wind energy flux trans-
ferred to water:

dul

dz,

duz
+ Kopp == 1y

12
Kip; dz, ( )

- 3
.= Cipilta
202

Uy

201

where C, describes the size of the wave layer and in-
tensity of the wind surface wave, and each value of C,
is matched to a marine surface state in the interface.
By variation of parameter C;, we can numerically study
influences of the effects of waves on the structure of
air-sea boundary layers. It should be noted that C,
= 0 gives the traditional conditions of continuity for
air-water characteristics across the interface.

The bottom boundary condition on TKE for the
atmosphere is conventionally given as Ejau%, (Wyn-
gaard, 1975), so at the upper (zp;) and the lower (zp,)
bounds of the wave layer, I suggest the hypothesis for
TKE that the ratio of TKE at the interface be equal to
the ratio of the square of the friction velocities:

2
Ei(zy) _ (u*l)
201,202 Uxz

Ex(z,)
From this equation and the assumption that the
roughness lengths are functions of uy;, g, p; and pj,
one can get Charnock’s formula (Charnock, 1955) for
both bounds of the interface by the method of dimen-
sional analysis:

(13)

Z,
du
K! i} _' "
I . P dz, Kip, d_E‘.
I dz,
|
L
Cipui,

;

i; " dE
: Kipe 3 g,

P2 @, u,
Z,

FIG. 1. Energy transfer across the air-sea interface.
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2
201 = 2 a(ﬂ) (14)
g P2
where the function a(p;/p;) may be taken as an
empirical constant equal to 0.05 (e.g., Roll, 1965;
Kitaigoroddski, 1970). Equations (9)-(13) become
boundary conditions at the interface of the air-sea
boundary layers. The top boundary conditions are such
that the velocities tend to constants and the momentum
flux and TKE are zero:

ui(zi)IZHi — Uy, v,-(zi)|zm — Uy (15)
du; ' dv; .
Ki EZ O, Ki dz 0’ Ei(Zi)|zH,' 0- (16)

itz ilzy;

Boundary conditions (9) and (16) required for the so-
lution of (5) and (6) can be written as

12|z — Ukis  01(Z)|zs — O (17)
ni(zi)lzm = o'i(zi)lzm — 0; Ei(zi)lzm — 0. (18)

Equations (2) and (4)—(8) with boundary conditions
(9)-(14) and (17), (18) allow simulation of the air-sea
coupled boundary layers, taking into account the wave
layer and fluxes across the interface.

3. The set of equations in dimensionless form

For convenience, the problem is solved in dimen-
sionless form. The dimensionless quantities are adopted
as follows:

u = (=1 kfuwdui; v = (=17 (kfuxi)vi;
2" = fzif(kux)) = zif N 7 = c'PEifuks;
K" = Kif(kug\); 0" = (=1 'mifuks;

ol = (DM efui (19)

where \; = ku,,/f is about the order of the planetary
boundary layer thickness, ¢ is an empirical dimension-
less constant (assumed equal to 0.046).

The system of equations with the transformations
given by (19) is written in the dimensionless form (the
superscript # hereafter signifies any quantity in the di-
mensionless form) as follows:

dz‘ﬂi" o _ dZo,in 3" _

(dzin)2 Kin - O, (dzi")z - K_l" - O (20)
P+ @Y (ED o d L dE!
Kin Ki Ri I(,'n + ,3 dZ,'" K,- dzi" =0

21

" — ].n(Ein)l/z - _ M

o ELIKD)

— n ﬁ =" dzi"

- B [ES,- T (E,-”)‘/2:| (22)
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where K{; and Ej; are the dimensionless TEC and di-
mensionless TKE, respectively, at a roughness height,
respectively (Ly, 1984).

Ri=R,R
(R, Ry) } 3)
Ry = (u/z]) + »
k* g
Ry = — —
2 f2P20
Ap2 m F] - Pz -1 P] - Pz)
e —=) (24
><(7r T 5 tan~'b + 3 (24)

where b = m(z," — z."); R; and R, describe the thermal
and density stratifications in boundary layers.

_& KO
010 plcpfu?kl

where u is a parameter for atmospheric thermal strat-
ification (Kazanski and Monin, 1960), O, is the vertical
turbulent heat flux at the interface; and p is the ratio
of the length scale for the atmospheric boundary layer
A, = (kuy)/f and the length scale for the atmo-
spheric surface layer (Monin—-Obukhov length scale)
Ly = —u3./[k(g/0,°XQo/p1¢,)] (Monin and Obukhov,

1954).
vo = gk*(va — vp)/(6:% %) (26)

where v, is a parameter for atmospheric stratification
at the upper part of the boundary layer (Laikhtman,
1970); Ap, is the drop of seawater density in the density-
jump layer; m is a parameter controlling the shape
of seawater density distribution; and 3 is a constant
(8 = 0.54) (Monin and Yaglom, 1965).
The boundary conditions in the dimensionless form
are for z;" — z§;

= = M/L, (25)

21"z = nz"(zzn)lz& =1
aln(zln)lz81 = 02"(22)|z62 = 0. (27)

From (11) and (13) we have conditions (28) and (29)
for TKE, E/

dE" (,;.)"2 dEz":I c'”C,
K"—+|=) K" = 28
[ (8) =g o k&
E"(z\")25 = Ex(22")25,. (29)
From (9) and (10), we have
Plu3=1|z6, = P2u3=2|z6'z (30)
P1 2

vlnlzox = _(_—) vy" (31)

P2 282

and from (12), we have a discontinuous condition for
the X-component of velocity

P1

1/2
ulnlzsl = —(E) u2n|232 + C'lk- (32)
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For z" — z};, we have
[2(z"), Ui"(Zi")]lzﬁ.- =0

EMz")\.m = 0.

(33)
(34)

4. Method of solution

The following formulas for dimensionless wind and
drift current profiles can be obtained by substituting
(19) into (1). The wind profiles in the atmosphere are
as follows:

u" cosa; + do,”
= e 144
1 U1 gl 1 dZ1”
d’ll"
= — sing; — — . 35
1 ™ gl 1 dz," (35)
The drift current profiles in the sea are
u" k cosay + doy”
= — o —_—
2 Uy 22 2 den
dn,”
== — sina; — 36
2 U 82 2 de" ( )
where
‘ 1 oP; ) 1 dP;
Ugicosa; = — ——; Ugsing; = ——
& ' Joi 9y; & " Jeidx;

are the geostrophic velocity components and «; are the
angles between the surface stress and geostrophic wind
(i = 1) and geostrophic current (i = 2).

Substituting (35) and (36) into (31) and (32), we have
the following formulas linking atmospheric and oceanic
boundary layers:

n

+ dd'l
e1 COSQY
Uy dz," 28

2( k do,"
= (ﬂ) (— Uy, cosa; — —=
P2 Uz dz;

n

)oie,
252

. (37

—_ sina; — dn.
1 1
Ux1 & dz"

201
-(4) (e B.0)
p2) \ux2 dz)"| .z,

Having (37), we can easily obtain the geostrophic coef-
ficient (x) and angle (a;).

R ( U )2 [1 — 2ncospy + n* + 4 + (kCix)*]
x = =
kUy

22 sina 2 +

M2+ My?
(38)
M1 - n(M2 sinBl + Ml COSﬁl)
= (M xkC))/cosa, (39)

tana; = — -
it M, — n(M, cosB;, — M, sinB;)
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where n = Ugp/Uyg; B1 — 360° = ay — ay; (p1/p2)'?
~ 'hg; B is the angle between the geostrophic wind
and geostrophic current (e.g., Laikhtman, 1970).

A = 2kCx(n cosa; — cosa;)

_ dn," _1~ dﬂz")
My (dz," T 28 dz "
_[da\" 1 daz")
M, = (a’zl" 28 dzy" )| 5

From (14) and (19), we have the formulas for dimen-
sionless roughness lengths

z61 = (afUax)/8 (40)
28 = 28(afUax)/g (41)

where a is the Charnock empirical constant. The drag
coeflicient Cp, is found as

2
" _
Cp= (—‘) = (kUgpx/Uxo). (42)

Ui
Profiles of TEC are calculated by the formulas

k2

Ki(z)) = f“ X*Ki(z,") (43)
1\? k*U?

Kaz) = (g) K. )

It can be noted that the parameter C, representing the
wave layer is present in (38) and (39) and, through
these terms, affects other characteristics of the atmo-
spheric and marine boundary layers. Equation (12)
shows the physical link between C,;, wind speed and
wave growth. This shows that a larger C, means that
more energy is transferred from the wind to the surface
wave (Cip1t3.).

Equations (20)-(34) are solved numerically by a fi-
nite difference method and iteration to find K*(z") and
E(z). In the first iteration, K;(z;") = z," for TEC and
E/"(z/) = 1 for TKE. The grid used for the simulations
consisted of 100 irregularly spaced points. The domain
of integration ranges from z;" = 0 to 1 for each bound-
ary layer. The value of E/(z*) = 1 is obtained from
(21) by setting the diffusive flux to zero at zy; (Zilitin-
kevich, 1970). The solution to the problem proceeds
in the following order. First, the simulation process for
atmosphere is done by solving Eq. (20) with conditions
(27) and the approximation for TEC, K*(z") = z/.
Equation (21) for the atmosphere is then solved with
the “new” 3,", ¢;" and the approximate value, E;*(z;")
= 1. Then K;" is computed from Eq. (22). By using the
“new” value of E," for the atmosphere, the value of
E," at z{, for the sea may be found by Eq. (28). The
same procedure is repeated for the sea. The entire it-
eration procedure is completed when Eq. (29) is sat-
isfied.
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After baving distributions of dimensionless functions
", o, K, E, (dn*/dz") and (de;*/dz"), one can cal-
culate the distributions of dimensionless wind velocity,
drift current velocity, the geostrophic coefficient x, an-
gle o, and air-sea interaction characteristics of both
boundary layers by formulas (35)-(44). By using (19),
one can easily recover dimensional characteristics from
dimensionless ones.

Equations (20)—(34) may be solved with much less
computing time and a simpler procedure. Near the
wave layer, the effect of buoyancy may be ignored.
Then, (2) may be written in the form

d dE E u*,
%e dz, ki dz; K A K; 0.
From Eq. (13), the following conditions for TKE must
be satisfied at the boundaries of the wave layer

Ei(z) = Yuxi (46)
where v is a dimensionless parameter to be determined.
After some transformations with notation (dz/K;)
= dt;, and by using (46) for the nonlinear term, (E;)?,
(45) may be written in the form

(45)

CE_ v Uu_g
dEt o, a,

Equation (47) with the boundary condition for E; in
(18) has the following analytical solution

Ei&) = uii{('y - i) exp["(i)llzu*i&] + i} .
¢y Q, cy

(43)

47)

With (48), (11) may be written as

112
cy 1
(@) (=)l (i) - -

Substitution of (30) into (49) gives the equation for
calculating values of vy from the values of the parameter

C:
)G ]-e o

where v is a dimensionless parameter and c is assumed
here to be a dimensionless constant (¢ = 0.046) (e.g.,
Monin and Yaglom, 1965). If C; = 0 in Eq. (50), v is
equal to ¢™'/2 and (46) becomes E;(z)l,, = ¢ ul,,
which is a traditional boundary condition for TKE in
ASI problems (see Laikhtman, 1970; Zilitinkevich,
1970). By using (46) and (50), with the boundary con-
ditions (27) and (30)—(34), Eqs. (20)-(26) may be solved
separately for the atmosphere and sea.

(49)

5. Model initial inputs and outputs
a. Initial inputs of the model

The initial inputs of the model are the “external pa-
rameters” of atmospheric and oceanic BL. These ex-
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ternal parameters are geostrophic wind (Uy), geo-
strophic current (Up,), or equivalently the ratio n = U,/
U,1, and the angle 8, between U, and Up,. The values
of those parameters were taken to be, U, = 5, 10, 15
and 20 m s™}; n = 0.02; and 8; = w/4 and latitude ¢
= 45°,

To simplify the modeling process and to focus at-
tention on the study of the wave layer, the typical values
of stratification of the atmosphere u in formula (25)
were considered to range from —100 to 100 (see Yeh,
1973) and also typical seawater density gradients T';
=103 kgm™* T, = 6.1073 kg m™* and the drop of
density Ap, = 1.7 kg m~3. All the above external pa-
rameters of the model could be calculated based on
the standard hydrometeorological observational data
(see Zilitinkevich, 1970; Tarnopolski and Shnaydman,
1984). Based on analysis of the order of magnitude of
the surface wind and current speeds in Eq. (12), C,
was allowed to have values 0 (the wave layer is not
taken into account as in all air-sea interaction models
to date), 1 and 10 in the simulations. Larger values of
C, correspond to larger wave layers; i.e., the surface
wave becomes higher.

b. The model outputs

The outputs of the model are profiles of different
characteristics describing the dynamic and turbulent
structure of the boundary layers of the atmosphere and
the adjacent sea and also different characteristics of the
interaction. They include profiles of shear stress, TEC,
TKE, components of the TKE budget, wind speed and
wind drift current for both atmospheric and oceanic
boundary layers at different stratification of atmo-
sphere, geostrophic wind, and parameter C;.

The outputs of the model also include characteristics
of the interaction such as wind velocity at the 10-m
height (U,(), surface drift current velocity (Up,), rough-
ness parameter (z,), friction velocity (w4, ), geostrophic
wind coefficient (C,), drag coeflicient (Cp), angles («),
geostrophic coeflicient (x), heights of atmospheric and
oceanic BL(H,), and TEC of both BL at 1% of BL height
at different atmospheric stability. In this paper, we
present only a few of the outputs of the model.

6. Results and comparisons

The numerical results of the model are presented in
Table 1 and Figs. 2-19. The basic ASI characteristics
are shown in Table 1. The table shows that the wave
layer influences almost all basic ASI characteristics.
This influence increases with increasing U, and C.
The results in the table for U, = 15 m s™! and C,
= 1 are in good agreement with observational data
from the weather ship on 15 February 1981 at the
oceanic station C (52.7°N, 35.5°W) (see Tamopolsk1
and Shnaydman 1984), which are as follows: Uy =

LUp=103ms™!, ugy =035ms, Cp=1. 17
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TABLE 1. Basic characteristics of air-sea interaction for the neutral condition of atmosphere. The first number
given is for C; = 1, and the second is for C; = 0.
Ugl 10520 U,o 102U02 U ~—a)
(ms™) (m) (ms™) (ms™) ms™) 10%C, 10°Cp (deg, 1073

5 8.13 3.89 12.92 0.13 2.58 1.05 14.2 63
8.57 3.84 13.27 0.13 2.65 1.14 15.3 65
10 354 7.18 25.40 0.26 2.54 1.35 14.9 66
374 7.10 26.10 0.27 2.61 1.47 16.0 68
15 84.5 10.10 37.70 0.41 2.51 1.62 15.3 68
89.3 9.90 39.00 042 2.58 1.78 16.5 70
20 160.0 12.90 50.00 0.56 2.54 1.78 15.8 70
169.0 12.30 52.20 0.58 2.61 2.19 17.1 72

—a; = 15.3 (deg), x =0.066 and wave height A
=25m.

Figures 2 and 3 show the vertical distributions of
dimensionless shear stress in both boundary layers
(BL). The dimensionless functions of shear stress are
near zero at Z;* — Z%;. Atmospheric stratification no-

ticeably influences. the shear stress in the atmosphere
but has almost no influence on the shear stress in the

sea. The vertical profiles of Y-components of shear
stress, o,” and o,", show that all values increase nearly
linearly for some distance from the surface and then
drop sharply to zero. From these figures, we can see
that the greater the instability, the higher is the maxi-
mum point that can be reached. That means the BL
height increases with growing instability in the atmo-
sphere. It is noted that the wave effects have practically
no influence on 5" and o/”. The model results of shear
stress agree qualitatively with those obtained by Dear-
dorff (1972) and Yeh (1973).

1.0

0.8

0.6

0.4

0.2

Dimensionless Shear Stress

10°

Z;

FIG. 2. Vertical profiles of the components of dimensionless shear
stress (n,” and ¢,") in ABL for the different atmospheric stratifica-
tion (u).

Figures 4 and 5 show the distributions of dimen-
sionless TKE in the ASBL with different x and C;.
From these figures, we can see that the values of E,"
and E," increase with instability. Obviously, u strongly
influences the distribution of TKE in the upper part
of the atmospheric BL (ABL) and has much less effect
on TKE of the sea BL (SBL). For the small values of
z", TKE is independent of atmospheric stability [i.e.,
(0E{/3u) = 0] and has almost the same values for the
sea. For C; = 0, and an unstable ABL condition (u
< 0), E," first increases with height (because of thermal
effects), then reaches a maximum at a certain height
(higher values for higher instability), and finally de-
creases to zero at the upper bounds of BL. For the
stable condition (x > 0), there is a smooth diminishing
of TKE with height. In the SBL, TKE decreases with
depth for all conditions of u and has only weak depen-
dence on u.

Figures 4 and 5 also show the TKE distributions at
different C,. From these profiles, it is very clear how
the wave layer influences distributions of TKE in the
atmosphere and sea. Here, we see that the influence of
the wave layer on TKE in the lower/upper parts of the
atmosphere/sea is practically independent of 1. On the

1.0
n
= —100
0.8 b0
w =100
2
5—5 0.6}
@
2
5 04f
2]
(7]
o
§ 0.2}
(723
=4
£
e 0 al bt T /7
P/
== N
- L =0 ~_/,
02r k= 100_/\\\1
1 1
10-° 102 10" 10°
z .

FIG. 3. As in Fig. 2 but for #,” and ¢," in SBL.
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FIG. 4. Vertical profile of the dimensionless TKE in ABL at
different u and wave effect parameter, C,.

other hand, for the zone of large values of z", TKE is
independent of the wave effect; i.e., (E*/3C,) = 0. It
isclear from these graphs that E,"” and E," rather rapidly
decrease to the “nonstirred-up levels.” Far from the
wave layer, the air and water turbulent flows are es-
sentially the same as air flow over land and water flow
with no waves, and interaction between the waves and
the turbulent flow practically may be neglected. From
the graphs in Figs. 4 and 5, we can interpret the wave
layer as an additional source of turbulence in the lower/
upper parts of atmosphere/sea. It is worth noting that
the variation of the wave effect can be adjusted by the
variations of parameter C, in the model.

There are no observational data of TKE in the at-
mosphere and sea to compare with these model results.
We found only some indirect estimates and calculations
from other models. Based on observational data
(weather ship on 15 February 1981), Tarnopolski and
Shnaydman (1984) calculated TKE for SBL and ob-
tained Ey(zg;) = 6.107* m? s™2 at roughness length zy,
with the wave height 4 = 2.5 m and Ex(z;,) = 8.107*
m? s72 with & = 3.5 m. These values match the di-
mensionless values of E,” ~ 3 and E,” ~ 4. Investi-
gating the wave influence on the dynamic structure of
the flow over water, Egorov (1984) used the estimate
of the TKE flux from the WL to the atmosphere given
by Dubov et al. (1974) to calculate the dimensionless
TKE at z§; and got E,"(z§,) = 3.3 for the case of the
developing wave. The present model results of TKE at
zg; are in good agreement with those obtained by these
authors.

The TKE budgets of the ABL and SBL for ¢ = 0
and various values of C, are presented in Figs. 6 and
7. From these figures, the shear production term N;"(z")
= [(n/? + (6K~ and the dissipation term D/(z/)
= (E/XK/™! are shown to play a major role in the
budget of TKE. The notable feature is that the diffusion
term F;” also has an important role in the TKE budget
in the lower/upper parts of atmosphere/sea. The dif-
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FIG. 5. As in Fig. 4 but in the sea.

-8 -2 0

fusion of TKE in ABL obtained from models of ASI
in which the diffusive flux is not considered is similar
to the diffusion of ABL over land at p < 0; in the lower
part of ABL, the diffusive flux coincides in sign with
the TKE production terms, and it has opposite sign
and less magnitude in the case of u > 0. From the
graphs of TKE budget, it is clear that F,” and F," change
sign (at C; = 1) in certain parts, and they coincide with
F\" and F>," at C;, = 0 at certain heights/depths. We
can see that the wave layer has much more effect on
diffusion than on the shear production and dissipation
terms. The results presented in these figures are ob-

10°

10*

Dimensionless TKE Budget
o

Log Z;

F1G. 6. Dimensionless TKE budget for the atmosphere showing
shear production, N, dissipation, D, buoyant production, B, and dif-
fusion, F, at neutral condition (z = 0) with C; = 0 and C, = 1.
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FiG. 7. As in Fig. 6 but for the sea.

tained for the cases C; = 0 and C; = 1. However, waves
have much more effect on the TKE budget if C, = 10.

It is worth noting that the large changes in magnitude
and in sign happen only with diffusion of TKE. This
shows that diffusion of TKE in the ABL and SBL acts
as a regulator of TKE, not only in each BL, but also
in the whole air-sea system. The model results of the
TKE budget and interpretation of the wave layer qual-
itatively agree with observations of the effect of waves
by Kitaigorodski (1970), Lai and Shemdim (1971), and
Benilov et al. (1978), and with the modeling results of
TKE budget of Klein and Coantic (1981).

To demonstrate the modeling results of the TKE
budget, I compare the model results with the experi-
mental estimation of Dubov et al. (1974), who used
observational data from the North Atlantic Ocean and
the Baltic Sea (for neutral conditions and wind velocity
3-10 m s~ at a height of 5 m over sea surface) to
estimate magnitudes of shear production N and dis-

107

N (m%s’)

10-°

u,. (m/s)

FIG. 8. Shear production, N, as a function of friction velocity s
at u = 0 and z, = 5 m in comparison with estimates by Dubov et al.
(1974). The solid curve is our theoretical computation.
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F1G. 9. Dissipation, D, as a function of friction velocity uy;.
Symbols are as in Fig. 8.

sipation D. The comparison shows good agreement in
Figs. 8 and 9.

It is noted that an estimation of the TKE budget
over the sea is complicated by the necessity of calcu-
lating the wave influence on the air flow. Due to the
influence of waves on the lower part of ABL, the wave-
induced fluctuations are present (see Lai and Shemdim,
1971; Dubov et al., 1974). This creates a surface wave-
induced component in the TKE budget. Hence, it is
necessary to take into account the local dissipation of
wave-induced fluctuation of wind velocity, variation
of TKE with height and additional momentum flux
(see Dubov et al., 1974). There is no method of cal-
culating these additional terms precisely, but rather,
they are estimated from observational data.

Figures 10 and 11 show the vertical profiles of the

300
1.p=0
2.p = ~10
3. p=-50
200}
E
N
=
Ry
[
T 3
100 1] 2
o 1
0 10 20

K, (m?s)

F1G. 10. Vertical profiles of TEC (Kj) for the atmosphere at
Uy=10ms™, C; =0and x =0, —10, --50.
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FIG. 11. As in Fig. 10 but for the sea.

dimensional TEC at U, = 10 m s™/, for p = 0, —10,
—50 and C, = 0 in the ABL and SBL. As we can see
from Figs. 10 and 11, the eddy coeflicients applicable
to the atmosphere and sea increase with increasing U,
and atmospheric instability. The TEC in the sea, K,
weakly depends on the stability of the atmosphere (K,
increases with increasing instability in atmosphere),
reaches a maximum at a depth of 5 to 7 m, and then
decreases smoothly to zero depth. The model results
of TEC in the atmosphere and sea agree with the gen-
eral understanding about the TEC.

Figures 12-15 show the variations of the geostrophic
coefficient ¥, the angle between surface shear stress and
geostrophic wind «;, the surface drift current velocity
Uy, , and the 10-m height wind velocity U, and their
dependence on U, for various u and C;. It is obvious

Geostrophic Coefficient X (x10%)

5 10 20 30
Geostrophic Wind U, (m/s)

FIG. 12. Geostrophic coefficient, x, as a function of
geostrophic wind Uj, at various g and C;.
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FiG. 13. Dependence of the angle, «;, between Uy, and the
surface shear stress on U, at various x and C.

from these figures and also Table 1 that the influence
of waves appears in almost all characteristics of the
ASI and depends on u. These influences are most ev-
ident for unstable conditions of the atmosphere and
much less notable for stable conditions, i.e., the Up,
and U, dependence on C, is much less for 4 = 0 and
u = +100 than for u = —100.

Figure 12 shows that the geostrophic coefficient x,
strongly depends on C; (decreases with increasing C)
and stability of the atmosphere u. The angle between
surface shear stress and geostrophic wind (—a;) in-
creases with Uy, and decreases with growing instability
of the atmosphere and C; (Fig. 13). The reduction of
(—a;) may be connected with an increase of momen-
tum exchange in the ABL, and also, a large increase

o

@
ol
o-=3

00

Surface Current Velocity U,,(m/s)

5 10 20 30
Geostrophic Wind U, (m/s)

FG. 14. Dependence of the surface drift current velocity Up,
on U, at different C, for u = —100.
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" of (—a;) with increasing stability of the atmosphere is
likely a result of decoupling between adjacent layers.

The surface drift velocity, Uy, increases with in-
creasing instability in the atmosphere and stability in
sea (compare u = 0 values from Table 1 with g = —100
values from Fig. 14), i.e., with increasing momentum
exchange between the upper and lower parts of ABL.
From Fig. 14, we can see that Uy, decreases with in-
creasing C,. Physically, this is interpreted to mean that,
at C; # 0, a part of the energy transferred to the surface
water by wind goes into wave generation; i.e., in this
case, not all the energy transferred from the wind goes
toward generation of drift current (e.g., Phillips, 1977).
This can be seen from the following analysis of (1) and
(3). We multiply the first equation of (1) by u and the
second by v and add them together with (3) to get the
following:

d _d(u*>+v? E? d d
EEKE( : )_cf+aed Z=0. 61
Integrating z from z, to +co0, we have
d u2+vz J~+ooE2
Kdz( 5 ) C —dz aeK .
=0. (52)

From (52) we can see that, if the wave layer is absent
[i.e., the diffusion equals zero at the sea surface «.K(dE/
dz) = 0 at zy], all the energy transferred from the wind
goes toward generation of a drift current, Uy, [repre-
sented by the first term on the left-hand side of (52)].
If diffusion is not zero at z,, a part of the energy trans-
ferred from the wind goes into wind wave generation,
and hence less to the drift current.

Figure 15 shows how the wind velocity at the 10-m
height, U, depends on Uy, for various C;. We can
see that U,p'increases with growing C,. This evidently
results from the presence of the wave layer when the
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lower part of ABL is strongly turbulent; i.e., in this part
of atmosphere, the “pseudoturbulence” acts strongly.
Here not only the random turbulent fluctuations of
wind velocity exist, but also a wave-stimulated pseu-
doturbulent fluctuation of various scales (see Stewart,
1968; Benilov et al. 1978) The additional Reynolds
fluxes uju’,, wow',, u,wl,, u,wl,, etc., may be present,
where (u}, v,, wy) and (u,, v, w’w) are components
of the turbulent fluctuation of wind velocity and of
fluctuation due to wave-induced motions, respectively.
For this reason the turbulences in the lower/upper parts
of the air/sea are increased. Consequently, the wind
velocity in the lower part of atmosphere is increased.
Figures 16-19 show comparisons of the model re-
sults for the drag coefficient, Cp, the friction velocity,
Ux1, and the roughness parameter (hereinafter the pa-
rameter 2, is identified as zp) z,, with published results.
The Cp observed over a natural water surface has
been studied by many investigators. Most of the ob-
served Cp measurements reported in the literature are
associated with near neutral stability stratification u
=~ 0 (see Geernaert et al., 1986; Geernaert and Kat-
saros, 1986). The theoretical computations of drag
coeflicient Cp and corresponding observational data at
various values of C, and u = 0 are present in Figs. 16
and 17. Figures 16 and 17 were taken from the work
of Geernaert et al. (1986). The value of Cj, was com-
puted by (42) and is plotted along with observational
data obtained by various investigators after Geernaert
et al. (1986). From Fig. 16, we can see the strong de-
pendence of Cp on the wave effect, which was noted
by Deleonibus (1971) and Geernaert et al. (1986). It is
noted from Table 1 and Fig. 16 that C; = 0 gives larger
values of Cp in comparison with C, = 1, which match
better the observational data (see Fig. 16). Therefore,
the air-sea interaction models without an explicit wave
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FIG. 16. Published drag coefficient, Cp, as a function of 10-m
height windspeed (Uyo): 1) Smith, 1980; 2) Large and Pond, 1981;
3) Donelan, 1982; 4) Garratt, 1977; 5) Sheppard, 1972; 6) Smith and
Banke, 1975; 7) Geerhaert et al. 1986; 8) this model at C; = 1; 9)
this model at C; = 0. (After Geernaert et al., 1986.) :
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FIG. 17. Values of the drag coefficient, Cp, as a function of wind-
speed difference for the case of a 15-m water depth, for deep water
and for this model at C, = 1. (After Geernaert et al., 1986.)

layer seem to give larger values of the drag coefficient
than are derived from observational data. The theo-
retical computations of Cp, are in good agreement with
observational data in Fig. 16, and the trend suggests
that larger values of C; would match observations even
better. The largest discrepancy between measured re-
sults occurs, probably, because the observations occur
in different atmospheric and sea states. As shown in
Fig. 17, Cpis in excellent agreement with the deep-sea
results.

In Figs. 18 and 19, the computational friction ve-
locity uy; as a function of wind speed U, for neutral
stability (u = 0) and the computed roughness parameter
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F1G. 18. Friction velocity, ux;, as a function of the 10-m height
wind speed U, . Figures near the circles indicate the sample size. The
vertical lines give the standard deviations from the mean value #y,.
Two dots are given for large samples. Standard deviations corre-
sponding to the latter case are marked by horizontal marks on the
vertical lines: 1) Myers, 1959; Kuznetsov, 1970; 2) this model at
C, = 0. (After Kitaigorodski, 1970.)

u,, (cm/s)

FIG. 19. Roughness parameter, z,, as a function of friction velocity,
1, according to: 1) Francis, 1953; 2) Goptarev, 1957; 3) Neumann,
1956; 4) Kuznetsov, 1963; 5) Deacon and Webb, 1962; 6) this model
at C; = 0; 7) this model at C; = 1. (After Kitaigorodski, 1970.)

Z as a function of uy, at ¢ = 0 and various C; have
been plotted, along with the results of different inves-
tigators as shown by Kitaigorodski (1970). The model
results are in excellent agreement with observational
Uy, obtained by Kuznetsov (1970) and Myers (1959)
(after Kitaigorodski, 1970) in Fig. 18 and with obser-
vational z, obtained by various investigators as shown
in Fig. 19.

7. Conclusions

In the present model, the wave layer, which is char-
acterized by a discontinuity of velocity, TKE and wind
energy transferred across the interface, is taken into
account by a parameterization technique. By varying
influence of waves through the parameter C,, we can
study numerically the influence of waves of various
intensities on the structure of the ABL and SBL.

The results of the simulations show that the wave
layer influences almost all characteristics of both the
atmosphere and sea, and that TKE generation in the
sea surface layer is related, not only to shear production,
but also to the TKE diffusive flux. Diffusion has an
important effect in the TKE budget, at least in the zones
of the atmosphere and sea close to the interface, and
acts as a TKE regulator, not only in each boundary
layer, but in the whole air-sea system.

The computational results confirmed that the wave
layer plays a role of additional source of TKE for the
lower/upper parts of ABL/SBL, and that the TKE in
these zones very strongly depends on the wave effect
and is almost independent of stability.

The model results show that when the wave layer is
present the surface drift velocity decreases its magni-
tude with increasing C; because a part of the energy
transferred to the surface water by wind goes into wave
generation; i.e., not all the energy from wind goes into
drift current generation. The wind velocity at the 10-
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m height increases with increasing C,, probably because
of the existence of random turbulent fluctuations of
the wind velocity and wave-stimulated pseudoturbulent
fluctuation of various scales. The drag coefficient
strongly depends on C; and stability.

The theoretical computations agree well with obser-
vational data and the generally accepted understanding
about the wave layer.
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