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On the Decrease of the Oceanic Drag Coefficient in High Winds

Mark A. Donelan?

'Rosenstiel School of Marine and Atmospheric Science, University of Miami, Miami, FL, USA

Abstract The sheltering coefficient - prefixing Jeffreys’ concept of the exponential wave growth rate at
a gas-liquid interface - is shown to be Reynolds number dependent from laboratory measurements of
waves and Reynolds stresses. There are two turbulent flow regimes: wind speed range of 2.5 to 30 m/s
where the drag coefficients increase with wind speed, and wind speed range of 30 to 50 m/s where shelter-
ing/drag coefficients decrease/saturate with wind speed. By comparing model calculations of drag coeffi-
cients — using a fixed sheltering coefficient — with ocean observations over a wind speed range of 1 to

50 m/s a similar Reynolds number dependence of the oceanic sheltering coefficient is revealed. In conse-
quence the drag coefficient is a function of Reynolds number and wave age, and not just wind speed as fre-
quently assumed. The resulting decreasing drag coefficient above 30 m/s is shown to be critical in
explaining the rapid intensification so prominent in the climatology of Atlantic hurricanes. The Reynolds
number dependence of the sheltering coefficient, when employed in coupled models, should lead to signif-
icant improvements in the prediction of intensification and decay of tropical cyclones. A calculation of cur-
vature at the wave crest suggests that at wind speeds above 56.15 m/s all waves—breaking or not-—induce
steady flow separation leading to a minimum in the drag coefficient. This is further evidence of the veracity
of the observations of the oceanic drag coefficient at high winds.

1. Introduction

Measurements of the tangential stress, t exerted by flowing air (wind) on a water surface have revealed that
there are at least 3 regimes in the drag coefficient (Cd=t/p,U3,) versus wind speed at 10 m height, Uso; p,
is the air density. The readily measurable quantity — the total stress — consists of two parts: skin stress and
form stress, which have the same meaning as those applied to a solid body immersed in a fluid stream. The
slopes of the waves on the surface add form stress and reduce the skin stress through sheltering of the sur-
face downstream of steep crests (Reul, 1998). No waves are formed at wind speeds less than about 2.5 m/s
(Donelan & Pierson, 1987), and the first regime (0 < Uy < 2.5 m/s) of strictly skin stress has the well-known
inverse dependence of Cd on Uy, characteristic of viscous boundary layers. Above U, of 2.5 m/s until about
30 m/s the waves grow, and with them the form stress, leading to a general increase of Cd with U;o: Done-
lan et al. (2004) Laboratory; Edson et al. (2013) Ocean. The high wind regime (30 < U;g < 60 m/s) is charac-
terized by a saturated drag coefficient in the laboratory (Donelan et al., 2004; Takagaki et al., 2012), and a
decreasing Cd on the ocean (Holthuijsen et al., 2012; Jarosz et al., 2007; Powell et al., 2003).

Since the publication of papers showing field observations of decreasing drag coefficients in high winds
(Powell et al. 2003) and laboratory measurements of constant drag coefficients in high winds (Donelan et al.
2004), several attempts have been made to explain these dissimilar, but probably related, phenomena.
Makin (2005) suggests that, in high winds, sea-spray droplets form a stable layer near the surface, which
damps the turbulence and so reduces the drag coefficient. Kudryavtsev and Makin (2007) and Kukulka et al.
(2007) both consider the sheltering of short waves due to air-flow separation from the crests of breaking
longer waves; neither can explain the decreasing drag coefficients in high winds. Troitskaya et al. (2012)
examine, theoretically and experimentally, the laboratory saturation of the drag coefficient at wind speeds
exceeding 25 m/s. They suggest that the tearing of the steep crests reduces the slopes of the surface and
hence the aerodynamic roughness. Their quasi-linear theory of wind-wave generation does not admit
decreasing drag coefficients in high winds. Soloviev et al. (2014) explored the generation of spume by the
Kelvin-Helmholtz shear instability producing a thin foam layer that suppresses the short capillary-gravity
waves and reduces the drag coefficient. Golbraikh and Shtemler (2016) contend that the aerodynamic
roughness length of the surface can be treated as the sum of roughness lengths of the foam-covered and
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the foam-free parts of the surface. Satellite measures of foam coverage yield a decreasing drag coefficient
at high winds. Takagaki et al. (2016), in a laboratory experiment, identify the flattening of the dominant
waves as the cause of saturation of the drag coefficient at high wind speeds.

These studies explore various physical effects that may alter the aerodynamic characteristics of the air-sea
interface, but they do not provide a simple prescription that may be used in a fully coupled (atmosphere-
wave-ocean) hurricane prediction model. For the mechanical coupling of air and sea, a set of parametric
relations between the drag coefficient components (skin and form) and suitable dimensionless ratios of
wind and wave variables is needed. This paper is devoted to finding such a set.

With increasing wind, the boundary layer flow over water waves transitions from laminar to turbulent to
fully separated. Such flows, involving a balance between viscous and inertia forces, are Reynolds number
dependent. Thus one might expect a similarity in Reynolds number behaviour of the sheltering coefficient
on increasing wave heights and the form drag coefficient on a solid cylinder of fixed diameter. The smooth
flow regime is well understood so we consider here the turbulent regimes: U;o > 2.5 m/s.

The key to understanding regimes 2 and 3 lies in the realization that the sheltering coefficient of the form
stress is Reynolds number dependent. In section 2, this dependence is revealed from laboratory data; sec-
tion 3 deals with the corresponding dependence on the ocean; section 4 explores the expected intensifica-
tion of hurricanes with high wind regimes of: a) constant drag coefficients, b) decreasing drag coefficients.
The discussion in section 5 lays down a generalized wind-wave coupling for use in coupled atmosphere-
wave-ocean models.

2. The Sheltering Coefficient in the Laboratory

Wind-wave coupling generally follows the ideas of Jeffreys (1924, 1925) or Miles (1957), both couched in
terms of the energy input to the waves. Jeffreys's concept of the wave energy input from the wind, S,
(Donelan et al,, 2012) is adapted here to include all wind-generated waves: gravity, capillary-gravity and
capillary:

Sin=A1 (Ug i —U—11)c08 0—c(k))|(Uyje— 1) c0s 0—c(k)| o~ L2 E(K, ) (1)

(k) p
where 0 is the angle between wind direction and waves of wavenumber, k and direction, ¢; Uy is the
wind speed at one half wavelength height; u_  is the wind-drift current at depth 1/k and c is the phase
velocity; w is the radian frequency of a wave and p,, is the water density. E(k, ¢) is the variance (of surface
elevation) spectrum defined such that variance, 6= [ [ E(k, ¢)kdkd¢ and A; is the sheltering coefficient, a
measure of the degree of sheltering of the surface downstream of a crest; 0 < A; < 1.

The energy spectrum, E'(k, ¢) is the variance spectrum times the water density and the effective mean
downward vertical acceleration:
, 7k

w

—

where g is the gravitational acceleration and 7 is the surface tension (N/m).

The drift current profile was estimated from the friction velocity, u.=U;ov/Cd and the observation that, in a
closed tank, the return drift begins at 13% of the depth of the tank (Donelan, 1978):

U
U= /S_Z?'” (0.13Dk) @3)

where D is the depth of water in the tank (0.42 m) and « is the von Karman constant = 0.4. The surface
(—0.1 mm) drift from equation (3) is 0.55u, as observed by Wu (1975) in a similar tank.

Large eddy simulations (Yang et al., 2013) leave no doubt that the Jeffreys concept of the sheltering of the
troughs - due to flow separation at the crests — mimics the calculated growth rates for many experiments
very well. This also supports the choice of wind speed for each wavenumber as the wind speed at a height
of one half wavelength. There is however considerable variation of the sheltering coefficient among experi-
ments. Indeed, direct measurements of the pressure near the surface in the laboratory (Donelan, 1999;
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Grare et al., 2013) and the field (Donelan et al., 2006; Hsiao & Shemdin, 1983) yield sheltering coefficients
between 0.1 and 0.5.

The high wind laboratory experiments of Donelan et al. (2004), which included measurements of wave
spectra and total stress, provide an opportunity to determine the structure of the sheltering coefficient. The
wind and wave data were sampled at 500 Hz and the wave data averaged to 50 Hz. Nine steady-state 10m
equivalent wind speeds (between 8.95 and 40.5 m/s) are analyzed here. The measured wave spectra and
their integral properties (significant height (cm), peak period (s), equilibrium range parameter, o and drag
coefficient) are shown in Figures 1 and 2. They all indicate a regime change to quasi-saturation at about
30 m/s. (The equilibrium range parameter is defined by the spectrum (Donelan et al. 1985) converted to
cyclic frequency, f from radian frequency: a=(2n)*g~2f* é) F(f) in the range 1.5 < é < 4). This experi-
ment has been repeated by Takagaki et al. (2012) with the same results in the saturation of the drag coeffi-
cient and the integral wave parameters. The reduced growth of the spectrum beyond U;p=30 m/s is
evidently due to the small water depth — increasing bottom dissipation and limiting phase and group veloc-
ities. Nonetheless, the sheltering coefficient may be estimated by comparing the calculated form drag coef-
ficient, Cdy, to the measured form drag coefficient, Cdpy,.

The calculated form drag coefficient, Cdy. may be obtained from (1) by noting that energy and momentum,
M in progressive waves are connected via phase velocity: =M - ¢, (Phillips, 1977)

Ty 2

he=p | [ (9472 )2l cos g (o, ((1-0.035)h0)") @
J) pw ) (f)

where Sj,(f) is (1) converted to frequency, f from wavenumber via the linear dispersion relation

wz(k)=k<g+ %)tanh kD, (Phillips, 1977); and the directional spreading function is taken from Donelan

(2017); The reference velocity has been reduced by 3.5% to account for the surface wind drift (Wu, 1975).

The sheltering coefficient, A; is set to 0.11.

The total stress was measured by hot-film anemometry at varying heights above the surface and evaluated
at the surface via the vertical stress gradient equated to the downstream pressure gradient obtained from
the pressure difference across two small ceiling holes 10m apart.

The measured form drag coefficient, Cds, is estimated by subtracting the sheltering-attenuated skin drag
coefficient, Cd; where, following Donelan et al. (2012), the attenuation factor varies from 1 (no form drag,

-3

10 T P T

' ' H R : ‘ U, =405

—U, =359

U,,=334]

— U, =297

) —— U, =264

E ——U, =218}

% Uy,=166]

2 —U,,=126]

g U,,=895

= j £
-9 ; i : i ; Pl
1010‘1 10° 10' 10°

frequency [Hz]

Figure 1. Measured laboratory wave spectra at various wind speeds and fetch of 14.3 m.
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Figure 2. Integral properties of laboratory waves versus Uyg. All properties show an abrupt change in slope at about 30 m/s.

no attenuation) to ~0.5 (50% of surface area sheltered) as the form stress grows and more of the surface
(skin) is sheltered and Cd, attenuated accordingly:

Cd 2(d.
Cdpn=Cd—Cdi=Cd—— [ 1+ ———— 5
m : 3 ( Cds+Cdgm ©
where Cd; is the skin drag coefficient in the absence of form drag, due to the wind speed minus the 3.5%
surface “wind drift.” Equation (5) is solved iteratively with starting Cdy,=Cd/(1—0.035)?, i.e,, corrected for
wind drift of 3.5% of Ujo. Thus the actual sheltering coefficient may be evaluated:

A1=0.11XCdp, /Cds (6)

This is graphed in Figure 3 versus the Reynolds number pertinent to the wind-wave generation process,
Re ,:

ReW=(U;Lp/2—c(/1p)>XHs/va (7)

where Hs is the measured significant height of the waves, v, is the kinematic viscosity of air and U and c are
referenced to the wavelength of the spectral peak, 4,, which is obtained from the measured peak frequency
of the waves via the linear dispersion relation.

As expected the Reynolds number dependence of the sheltering coefficient is much like the drag coefficient on
a circular cylinder normal to the flow (Batchelor, 1967, Figure 5.11.6). They both show 3 regimes as the Reynolds
number increases: 1) decreasing as the laminar boundary layer thins; 2) constant as the turbulent boundary
layer grows; 3) catastrophic decrease as the flow separates from the crests of the steepest waves, at that wind
speed, or the diameter of the cylinder. In this last regime the growth of the waves compensates for the decrease
of the sheltering coefficient — leading to a saturated drag coefficient above U;y ~ 30 m/s, as observed.
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Figure 3. Sheltering coefficient versus Reynolds number from laboratory measurements (Donelan et al., 2004) with wind
speeds, U;q from 8.95 to 40.5 m/s. Note the drop-off starting at 29.7 m/s (4™ highest Re ,,).

3. The Sheltering Coefficient on the Ocean

The oceanic wind-wave coupling parameter, the sheltering coefficient, is also Reynolds number dependant and its
dependency may be deduced by comparing measurements of the drag coefficients with drag coefficients mod-
eled using a constant sheltering coefficient. The process is similar to the above (section 2) and requires reliable esti-
mates of Cd over wind speeds of 1 to 50 m/s. The lower half of this range is well covered by the synthesis of many
observations in T m/s bins from 1 to 23 m/s, “COARE 3.5" (Edson et al., 2013). For the upper half, the “bottom-up”
measurements of Jarosz et al. (2007) provide guidance in the range of wind speeds of 20 to 50 m/s. These estimates,
based on a momentum balance of currents beneath the passage of hurricane Ivan over the shelf of the northeast-
ern Gulf of Mexico, refer to the stress delivered to the ocean and not the aerodynamic drag on the atmosphere. The
former is less than the latter by the momentum advected away by the large waves. There is also uncertainty in the
stress delivered to the bottom of the water column. There is, however, a region of overlap between the Edson et al.
(2013) and Jarosz et al. (2007) measurements: 20 to 23 m/s. Consequently the Jarosz et al. (2007) drag coefficient
estimates are increased by 0.0004 to bring them up to the Edson et al. (2013) estimates in the overlap region.

The combined observational evidence for the aerodynamic drag coefficient on the open ocean, Cd, is plotted
in Figure 4. For comparison with the calculated form drag, which was computed with respect to the wind drift,
Cd, is increased by (1 —0.035)"2% ~1.074 corresponding to surface wind drift of 3.5% of wind speed
(Wu, 1975). Similarly, Cd; is the skin drag coefficient in the absence of form drag, due to the wind speed minus
the 3.5% surface “wind drift”. The observed form drag coefficient, Cdy, is obtained (as in section 2) by solving
equation (8) iteratively with starting Cdy, =1.074Cd,

Cd 2Cd.
Cdp,=1.074Cdy— — ( 1+ 8
fo ° 3 ( Cd5+Cde) ®)
Cdy, the calculated drag coefficients with constant sheltering coefficient, A;=0.11 is computed in the wave
and wind stress model (UMWM - University of Miami Wave Model) expanded to include all waves - gravity,
capillary-gravity and capillary - UMWM_wideband (see Appendix A):

10/ 7k Sn(k

cde=r, [ | (g+ '—) e cos ks | (5,((1-0.035)Ur)?) ©
LAY Pw

3As before (section 2) Cdy. is referred to the wind speed minus 3.5% surface wind drift. The corresponding

total drag coefficients are also shown in Figure 4. Thus the actual sheltering coefficient may be evaluated:
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Figure 4. Observed and modeled (field) air-sea drag coefficients.
A1 (Re )=0.11XCdp, /Cdy. (10)
Here Re , is calculated using the fetch-limited laws derived from Donelan et al. (1985):

T,=0.54g *77(%4 x5 (11)

Hs=4x \/ 8.415X 1077 g~1241(j24820.759 (12)

where T, is the period of the spectral peak and X is the fetch in meters. The resulting sheltering coefficients,
for fetch of 230 km, are graphed versus the wind-forcing Reynolds number Re,, in Figure 5. Fetch of
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Figure 5. Sheltering coefficient versus Reynolds number from ocean measurements compared with model calculations
(Figure 4). The dashed line is the fitted polynomial, equation (13).
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230 km is typical of open ocean moderate wind speed observations, as may be deduced from equation (11)
and the u,/c, estimates in Edson et al. (2013). Note that these fetch laws, equations (11) and (12), were
derived using data with U;p < 20 m/s. Their accuracy at high winds is unknown. However, the fetch depen-
dencies of both Hs and 7, are weak, respectively X°3® and X°4¢ and, in addition, U, ,—c(4,) changes very
little for small variations in T,. Thus the calculations of Re, may be reasonably accurate - this is checked in
section 5 using the wave model, UMWM_wideband (Appendix A) with A; from equation (13) below.

Here again, as for the laboratory data in section 2, the sheltering coefficient has three ranges reminiscent of
flow past a circular cylinder: first decreasing as the laminar boundary layer thins for a decade increase in
Re ,; then increasing as the waves steepen for two and a half decades in Re ,— here the separation of the
airflow from the crests of the dominant waves is intermittent, and less so with increasing Re ,; the third
regime or Reynolds number range 107 < Re,, < 4X10’, characterized by a sudden drop in the sheltering
coefficient, corresponds to fully separated flow from the crests of the dominant waves — most of which are
breaking. No reliable drag coefficient estimates exist at wind speeds greater than 50 m/s but, unlike the
flow past a solid cylinder, no change in the flow pattern is expected as the flow skips from crest to crest and
the relationship between height and length of these breaking dominant waves is a constant. Thus the shel-
tering coefficient is inferred to remain at its low value at Re,,=4X10 for greater Reynolds numbers. The
deduced sheltering coefficients, A, (Figure 5) are well described with the least squares fitted seventh order
polynomial in the natural logarithm of Re,, (dashed line in Figure 5). The polynomial in x=In (Re ) with
very low and very high Re ,, constant tails is:

A1=0.1318; 0 < Re, < 662
A;=8.0828X10"7"x7 —7.2245X10 °x6+2.6968X 10 3x>—5.4505X 10 2x*
+6.4342X107 'x3—4.423x*+16.3179x—24.702; 662 < Re,, < 4X10’
A1=0.02077; 4x10” < Re,,
The drag coefficients may be calculated using equation (13) in the wave and wind stress model (UMWM_wi-
deband). They are clearly wind and fetch (Reynolds number) dependent and are graphed in Figure 6 for
fetches of 230 km and 50 km. The latter is a typical fetch of the maximum winds in hurricanes. Holland et al.

(2010) give 20 km as the radius of maximum winds for a “baseline hurricane.” The effective straight fetch is
no more than half the circumference or 63 km.

Drag Coefficient

e Modelled, 230 km fetch

05 : * Modelled, 50 km fetch

=8—Edson et al. 2013; Ocean observations
0 =8=—Jarosz et al. 2007 + 0.0004; Ocean observations |

10 20 30 40 50 60 70 80 90 100
U o [m/s]

Figure 6. Modeled (with Reynolds number dependent sheltering coefficient, Figure 5, equation (13)) and observed drag
coefficients versus wind speed. Note the fetch dependence of the modeled drag coefficient between 30 and 55 m/s.
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Form stress / Total stress and Fraction of area sheltered
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Figure 7. Form stress/total stress ratio and fraction sheltered area versus U;q at 230 km fetch: form stress — squares; shel-
tered area - circles.

The ratio of form stress to total stress and the fraction of surface sheltered (at 230 km fetch) are shown in
Figure 7 versus the wind speed. The form stress rises from zero to 50% of total stress at about 8 m/s; and
reaches almost 90% at U;o of 30 m/s; thence decreases to 70% at 55 m/s and slowly increases to 80% at
100 m/s. The sheltered area (1— %) mirrors this behaviour as prescribed by equation (8). In the next section
we explore the expected intensification of hurricanes governed by the drag coefficients arising from the

Reynolds number dependent sheltering coefficient.

4, Maximum Winds

Emanuel (1995), in a model study of intense tropical cyclones, concluded that intensity is directly propor-
tional to the ratio of exchange coefficients: enthalpy, Cj/drag, Cd. Intense storms are unlikely if
Gj/Cd < 0.75. G has been shown to be roughly constant above 10 m/s at 0.0012 (Bell et al. 2012; Jeong
et al. 2012) and so Cd must be less than 0.0016 at high winds. Indeed, the inferred Cd (section 3) is as low as
0.0012 at wind speed of 55 m/s, and rises slowly to 0.0016 at about 120 m/s.

Tropical cyclones gain energy from the warm surface waters and lose energy through friction in the air-sea
boundary layer. The rate of heat energy input (power) at the air-sea interface or enthalpy flux is W,, given by:

Win=p,GiUro(js—jr0); [watts/m?] (14)

where Cj is the bulk enthalpy transfer coefficient and j is the enthalpy (j its surface value and jj, its value at
10 m height) defined:

j=(1=q)cpT+q(L,+¢cp,T) (15)

Where g is the specific humidity, ¢, is the specific heat of air, T is the air temperature, L, is the latent heat of
vaporization of water, and ¢, is the specific heat of water vapor. Wj, is largely a function of the sea surface tem-
perature and the wind speed, while the frictional losses are proportional to the stress times the wind speed:
Wou=paCal3y (watts/m?). Balancing the heat input (including dissipation of kinetic energy in the boundary
layer), converted in a Carnot cycle to mechanical energy out, against mechanical energy lost in friction, we have:
Ts_To

T

(Win + Wout) =Wour (16)

where T[K]=SST[°C]+273.15; SST is sea surface temperature, and T, the stratospheric outflow temperature,
taken here to be 200 K.
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Figure 8. (a) Heat input from surface for various sea surface temperatures (SST: dashed lines) compared to frictional loss
through surface drag using a constant drag coefficient above 30 m/s; (b) Climatology of maximum winds versus SST com-

piled by DeMaria and Kaplan [1994] (DK) compared to the maximum winds obtained from the intersection of dashed and
solid lines in panel (a).

Both sides of equation (16) are functions of U;o and the balance yields the maximum expected wind speed.
This balance is graphed in Figures 8a and 9a where the bulk enthalpy transfer coefficient is taken to be
0.0012 (Bell et al. 2012; Jeong et al. 2012), the air temperature is 1°C cooler than the sea surface temperature
(SST) and the relative humidity at 10 m is 88%. The dashed lines indicate the LHS of equation (16) for differ-
ent SSTs, while the solid black line in Figure 8a is the RHS of equation (16) with Cd as in Figure 6 (at 50 km

2000 T T 90 T T

----- SST=16C —— DK climatology
1800(| -~~~ SST=20C 4 from Fig.9a
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Figure 9. (a) Heat input from surface for various sea surface temperatures (SST: dashed lines) compared to frictional loss
through surface drag using equation (13); decreasing drag coefficient above 30 m/s; (b) Climatology of maximum winds

versus SST compiled by DeMaria and Kaplan [1994] (DK) compared to the maximum winds obtained from the intersection
of dashed and solid lines in panel (a).
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fetch) except held constant at 0.0029 above 30 m/s. In Figure 9a the solid black line indicates the RHS of
equation (16) with Cd as modeled in section 3 (Figure 6 at 50 km fetch). The intersections of the solid and
dashed lines yield the maximum winds for various SST values. These points are transferred to Figures 8b
and 9b (black diamonds) and compared with the climatology of Atlantic tropical cyclones (1962-1988) com-
piled by DeMaria and Kaplan (1994) (DK). In Figure 8b, for a constant Cd for U;p > 30 m/s, the maximum
winds increase slowly with SST, showing no sign of the rapid intensification at SST of 26°C that is the domi-
nant feature of the climatology. By contrast in Figure 9b, for Cd decreasing for U;o>30 m/s (Figure 6 at
50 km fetch), the correspondence is striking, in particular the sharp change in slope at 26°C and 50 m/s.
This feature is clearly due to the pronounced decrease in the drag coefficient above 30 m/s and thus indi-
rectly supports the field observations of drag coefficients at high winds.

5. Summary and Discussion

Laboratory measurements of waves and wind stress in increasing Uy yield drag coefficients that first
decrease, then increase from 3 to 30 m/s and finally saturate above 30 m/s. By comparing the estimated
form (wave) drag coefficient to that calculated via the measured wave spectra, the sheltering coefficient is
shown to be Reynolds number dependent. The saturated drag coefficient above 30 m/s is associated with
the sharp decrease in the sheltering coefficient — reminiscent of separated flow past a circular cylinder. To
interpret laboratory results to the open ocean, field estimates of the drag coefficient in the range of 1 to
50 m/s are compared to those calculated in a wide band wave and wind stress model with a constant shel-
tering coefficient. The resulting sheltering coefficients behave in a similar fashion to the laboratory-derived
sheltering coefficients, except that the sharp decrease above 30 m/s corresponds to a decreasing, rather
than saturated, drag coefficient. One important consequence in modeling air-sea interactions is that the
drag coefficient is a function of the dimensionless numbers, Reynolds number and wave age rather than
simply wind speed as is often assumed.

Tropical cyclones provide the only natural test-beds for verifying the high wind behaviour of the aerody-
namic drag coefficient. The 27-year Atlantic hurricane climatology reveals maximum winds intensifying
with sea surface temperature, and rapid intensification at around 26°C. The Reynolds number dependent
drag coefficients yield rapid intensification; while the constant above 30 m/s drag coefficients do not. This is
an effective integral reality check of the decreasing drag coefficient in high winds. Coupled (with waves)
hurricane models that employ the Reynolds number dependent sheltering coefficient, equation (13) are
likely to see marked improvements in predicting intensification and decay of tropical cyclones.

The idea of a sheltering coefficient is intimately associated with the likelihood of flow separation at the crest
of a wave. Following Donelan et al. (2006) separation occurs when the centripetal acceleration, a.——required
to keep the air-flow attached to the surface downstream of the crest-—exceeds the downward vertical
acceleration of the wave-induced flow at the crest, ar:

—ar=g+0.5(U;;,—c(2))* (ak)*k (17)
2 0%
ac=(Uoa *C(A))Zﬁ (18)

where a is the amplitude of the wave and k its wavenumber; Uy ; is the wind speed near (10 cm above) the
surface; % is the curvature of the surface. With increasing wind the wave slopes increase and the curvature
increases much more rapidly. For the Stokes expansion to fourth order in slope, ak (Kinsman, 1965), the cur-
vature at the crest is given by:

2 27 49
8—;27=—ak2 1+ 2ak+ - (ak)’ + = (ak)’ +0(ak)* (19)
The total mean square slope, S=(Vn)2 may be computed with the all wave model, UMWM_wideband
(Appendix A). This is graphed in Figure 10 with the classic field observations of Cox and Munk (1954) and
the laboratory measurements of Donelan and Plant (2009). S increases with Uyq linearly at first (3 to 10 m/s)
and then roughly as the square root of the wind speed. It is very weakly dependent on fetch, up to 30 m/s

wind speed, as indicated by the calculations and observations at various fetches (230 km, 4 km and 14.3 m
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Figure 10. Measured and modeled mean square slopes versus wind speed from 1 to 100 m/s

in the laboratory). Note that the laboratory measurements saturate above 10 m/s because of the depth of
the tank, which was 0.225 m. Above a wind speed of 75 m/s, the total mean square slope exceeds the
Stokes breaking limit. This is due to the contribution from capillary-gravity waves, whose breaking limit
slopes can be up to five times greater (Appendix A).

The amplitude of the slope of the dominant (spectral peak) waves, akp:m, is evaluated at 230 km
fetch, and the competing vertical accelerations from equations (17-19) are shown in Figure 11. Above
56.15 m/s —a. exceeds —ar on all waves and the airflow separates from the crests — breaking or not — and
the drag coefficient is close to its minimum value corresponding to general steady flow separation: regime 3.

~
o

T 1
— Downward flow acceleration, -a

====Downward centripetal acceleration, A,

2]
o

N (] Py o]
o [=] o o
T T T T

(=]

downward accelerations: flow and centripetal [m/s/s]

(=]

o
n
o
Py
o
D
o
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Figure 11. Competing downward accelerations at crest: the solid line is the vertical acceleration of the flow, —ar, equa-

tion (17); the dashed line is the centripetal acceleration required for the flow to remain attached, —ac, equations (18) and
(19).
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Figure A1. The forcing of the waves: U, (blue) is the measured wind speed at height z = 6.2 cm; amplified friction velocity,
10Xu. (green); drag coefficient, 100X Cd, (red).

Here the air streams from crest to crest avoiding contact with the troughs, so that aerodynamically the surface
is considerably less rough than its geometric roughness, S. Of course, breakers and micro-breakers occur more
or less intermittently at all wind speeds greater than 2.5 m/s and, having arbitrarily large curvatures down-
stream of the crest, induce intermittent flow separation and enhance the sheltering coefficient: regime 2. The
transition from regime 2 to regime 3 appears to occur at about 30 m/s in air-sea boundary layers.

Appendix A: UMWM_Wideband

Modeling of gravity, capillary-gravity and capillary waves is required to estimate mean square slope, form drag
and radar scattering from the surface. The spectra of capillary-gravity waves (1 < 10 cm, being generally in deep
water), can be treated as a balance between input from the wind and dissipation due to nonlinearity and break-
ing (Donelan & Pierson, 1987). In a laboratory wind-wave tank, the momentum input to the waves (form stress)
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% Regression slope: 0.7747 : % Regression slope: 1 i ﬂ*//
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Figure A2. Comparison of mean square slope from the integral of the slope spectrum with that calculated from the slope
time series: () — mss, from observed wavenumbers; (b) - mss. from corrected wavenumbers.
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Figure A3. Saturation spectra, B(k, ¢)=k*E(k, ¢) for various wind speeds referred to 10 m height, Uso.

can be estimated from measurement of the total stress and the skin (viscous) stress. The measured
wavenumber-directional spectrum, E(k, ¢) and a model for the wind input, S;,(k, ¢), equation (1) determine
the distribution of form stress across the spectrum, Sj,(k, ¢)/c(k). Equating Si, and the total dissipation (viscid,
Sav and inviscid, S¢), over a range of wind speeds, yields the parameters of the inviscid dissipation, Sys; since the
viscid dissipation is known theoretically (S5, =4vk?E(k, ¢)) and verified experimentally (Donelan & Plant, 2009).

Such an experiment has been conducted in which the total stress and wind speed were measured with
x-film anemometry and the surface elevation and 2D slope were measured at the same point with a laser
beam, linescan camera and 2D slope gauge. The details are given in Donelan and Plant (2009); it suffices to

0.4 T T T T

0.35F

025"

1

0.2

Stress [N m

14

U 10 [m/s]

Figure A4. Stress versus wind speed referred to 10 m height: stress from measured wind velocity fluctuations - asterisks;
stress from S, (k, ¢)/c(k) with A; = 0.23 - circles.
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Figure A5. Sheltering coefficient determined by matching calculated form drag to measured form drag.

mention that the data were sampled at 1,000 Hz and wavelengths greater than 1 mm were resolved. The
experiment was conducted with air and water temperatures at 22°C and the fan-driven wind speed
increased steadily from 0 to 6 m/s (at 6.2 cm above still water level) and back to zero at the same rate over
1 hour. One second averages of the wind speed, friction velocity and resultant drag coefficient are shown in
Figure A1. The data analyzed herein were 28 one minute (60,000 samples) sets from 180 s to 1,800 s; i.e.,
the rising arm of the ramp with U, increasing from 0.05 m/s to 12.93 m/s.

The wavenumber-directional spectrum, E(k, ¢) is obtained with the Wavelet Directional Method (WDM)
(Donelan et al., 1996). Wavenumbers are resolved in frequency bins through the phase differences among

15 . ey

1/n

min

Figure A6. The inverse of the power of the saturation spectrum in the dissipation function versus normalized wavenum-
ber: calculation from tank measurements - blue asterisks; fitted curve, equation (A4) - red dots.
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Figure A7. The inverse of the multiplier of the saturation spectrum in the dissipation function versus normalized wave-
number: calculation from tank measurements — blue asterisks; fitted curve, equation (A5) — red dots.

virtual wave staffs (a square quartet derived from the elevation and slope gauges) at every sample point.
The Doppler shifting of the frequencies, due to the drift current, u,, produces a general reduction in the

observed magnitude of the wavenumber, k,. This is apparent in the comparison of the mean square slope
n 6000
(mss) derived from the integral of the wavenumber spectrum, (mss,= [ [ K2E (ko, §)kodkod ), with mss;
0

-

derived from the time series of slopes (Figure A2a).

The regression slope (0.7747) corresponds to a wind drift correction of about 14% of phase velocity, c(ko).
The correction required is k=Ko (1+u—4,cos ¢/c(ko)) and when applied with a logarithmically decreasing
wind drift at z=—1/k, a nearly perfect fit of mss. with mss; is achieved with drift current given by:

U1, =4 /22 % 1 (0.4895DK) (A1)
P K

where D is the depth of water in the tank (0.225 m) and the return drift starts at a depth of 0.4895,
D=11cm.

The observed amplitudes are binned by observed direction and corrected wavenumber to yield the
wavenumber-directional spectrum. To examine the wind sensitivity the saturation spectra
(B(k, p)=K*E(k, ¢)) for various wind speeds are plotted in Figure A3.

The wind sensitivity is greatest in the capillary-gravity range (200 < k < 1,000 m~"); being about U. Whereas
in the gravity wave equilibrium range it is about U%2. The equilibrium range parameter, o is the level of the
saturation spectrum from 2k, to 10k,; where k,, is the wavenumber at the peak of the spectrum. In these
laboratory spectra the equilibrium range is very narrow and thus the wind sensitivity tf(l)%ge is difficult to dis-
cern. However, the analysis of field data by Donelan et al. (1985) found that o o< (i—;") and ¢, o< U%5* so
that the wind sensitivity in the gravity wave equilibrium range is U32°3, about eight times less sensitive than
the capillary-gravity waves.

The sheltering coefficient, A; (equation (1)) may be obtained, as in section 2, by comparing the computed
form drag coefficient (with A; set to 0.23) plus the sheltering attenuated skin drag coefficient to the mea-
sured total drag coefficient (Figure A4).

The actual A; values are obtained as in section 2, equation (5), and shown in Figure A5. The sheltering coef-
ficient does not change significantly over the Uy range of 4 to 13 m/s, yet the capillary-gravity waves are
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highly wind sensitive and the gravity waves are not. The explanation given by Donelan and Pierson (1987)
rests on the variation of dispersity with wavenumber. Essentially the dispersive gravity waves steepen and
break largely through the interaction of groups (constructive interference), whereas the non-dispersive
capillary-gravity waves near the wavenumber of minimum phase speed (kmin =, /22+) do not form groups
and hence break at a higher average slope. This all-wave behaviour can be incorpora:ced in the inviscid dissi-
pation function as suggested by Donelan and Pierson (1987) and later expanded (Donelan et al., 2012) to
include modulation of the short waves by long wave slopes:

Sas=—As [1+As 2 (k, ) *[B(k, )" w(K)E(k, ) (A2)

where A; and n are functions of k/kmin and y? is the mean square slope in the direction, ¢ of all waves lon-
ger than /(k). A; was determined by laboratory experiment in which long paddle-generated waves were
added to wind-generated waves (Donelan et al.,, 2010); A; = 240. The values of n and A, for gravity waves
were set to 2.53 and 46.665 by comparison with data from the North Sea (Donelan et al., 2012).

The increased wind sensitivity in the capillary-gravity region implies much reduced n and A, there. Equating
input and dissipation in the wind direction (¢=0), we have:

= 4 n(k)
+2a0p 6k 0) W IKEKR O] 0l (A3)

From which n(k) and A (k) are readily found by least-squares regression of In (E(k,0)) against In(LHS) for
Uso > 8 m/s. Their inverses are graphed in Figures A6 and A7.

n(k) and A (k) are fitted with the following expressions (shown in red), in which the reduced regions are
centered on k,=0.85kmin and ka=1.32kn,n respectively.

316
n(k)z1.6‘2—% +0.93 (A4)
1+ (k k)
2,7
Az(k)=46.65‘2— M +0.0140.0045 tanh (0.01(ks—k)) (A5)
1+ (k/kn)

The shifts away from knin of n(k) and A, (k) and the asymmetry of A, (k) about k4 are due to the difference
in breaking steepness of gravity waves and capillary waves. The breaking limit, Hg/4 is 0.142 for gravity
waves and 0.73 for purely capillary waves (Kinsman, 1965). The inviscid dissipation sink function, Sy per-
mits the modeling of all waves — gravity, capillary-gravity and capillary — with the UMWM_wideband
model.
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